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PREFACE

Rising carbon dioxide (CO2) in the atmosphere is one of the major concerns of
humanity today. Carbon dioxide being a greenhouse gas, traps heat radiations within earth’s
atmosphere, which results in a gradual rise in annual temperatures. The concentration of
CO2 gas in the atmosphere has fluctuated between 180-280 ppmv between glacial to
interglacial cycles from last 800 kyr (Lthi et al., 2008) but it never exceeded 300 ppmv. It
is only after the human impact, due to the burning of fossil fuels, the concentration of CO-
began to cross 300 ppmv in the 1950°s and is still increasing with a present concentration of
411.29 ppmv (NOAA data). Carbon dioxide from the atmosphere is in equilibrium with the
surface ocean and is taken up by the oceans through two major processes; biological process
and chemical process. Biological process includes biological pump wherein the CO from
surface layer is taken up by the phytoplankton during photosynthesis, thus capturing the
carbon in the organic matter. Chemical process involves dissolution of CO2 in seawater
forming carbonic acid (H2COs) which further dissociates into bicarbonate (HCO3") and
carbonate ion (COs*). Many marine calcifying organisms like corals, foraminifera and
coccolithophores build their exoskeletons by precipitating carbonate ion and calcium to form
calcium carbonate (CaCOs). These shells/exoskeletons sink in the water column and remain

preserved in the sediment for a long period of time after the death of the organism.

Carbonate saturation determines the dissolution/preservation of these shells in
sediment, which is indeed controlled by carbonate ion concentration [CO3?] of deep waters.
Under low [COs?], the carbonate saturation decreases and dissolution of CaCOs3 on the
seafloor is observed, which liberates CO3? to the seawater, increasing its alkalinity, whereas
under high [CO3?], carbonate saturation increases, preservation of CaCOs occurs and CO3z>
and alkalinity are consumed. Hence through the knowledge of deep-water [CO3?7] one can
explain the role played by oceans in regulating global carbon cycling including the process

and mechanisms involved in past atmospheric CO2 changes.

Previous studies on variation in deep water [CO3?7 in the Atlantic, Pacific and Indian
Ocean during the last deglaciation have indicated a hike in [COs*] (Yu et al., 2007, Yu et
al., 2010a, 2010b, 2013, 2014; Allen et al., 2015; Ma et al., 2020), which is thought to be
due to the degassing of CO; from deeper waters. Depletion in *C activity and incursion of
aged water was observed in intermediate water of the western Arabian Sea by Bryan et al.,
(2010) and outgassing of pCO (Naik et al., 2015) and a decrease in [CO3s?] from surface



waters of the eastern Arabian Sea (EAS) during the deglaciation by Naik and Naik, (2018).
If so there should be a rise in [CO3%] observed in deep waters at the same time, as CO, and
carbonate ion share an inverse relationship. Hence the present study is aimed at
understanding the Last Glacial to Holocene carbonate ion changes in deeper waters of the
EAS.

Chapter 1: -

This chapter provides general introduction to the study conducted and rationale of the
problem addressed. Various factors affecting [COs?] in seawater are listed and briefly
explained. Further the vertical distribution of modern day [CO3?7] in the world oceans is also
provided in this chapter. It further includes the literature review on glacial to interglacial
changes in [COs%] of deep waters over the world oceans using different proxies. A detailed
description and the principles of various proxies used in the study are also given. In the view
of above the hypothesis on which this study is based is given along with the research
objectives.

Chapter 2: -

This chapter describes the study area in detail with the hydrography of study area,
which includes the physical and biogeochemical processes taking place at the study site. The
Arabian Sea surface and deep water circulation is discussed in detail with different water
masses of the Arabian Sea and their flow paths. Furthermore, a description of material and
methods used to accomplish the objectives are put forth in this study, which covers
collection of sediments, processing, identification and picking of foraminifera, and method

adopted for analyses using various instruments.

Chapter 3: -

This chapter consists of results obtained from various proxies. Here | have
graphically represented all the data obtained from various analyses and explained the
observed variations, which includes the radiocarbon dates for age determination and
sedimentation accumulation rates at the core sites. The results from carbon and oxygen
isotope analysis in cores AAS-9/21 and SK-129/CR-05 core for last 30 kyr predicting the
changes in nutrient/ventilation conditions and temperature respectively have been described
in this chapter. It further includes results of shell weight analysis carried out from core SK-
129/CR-05 and SK-129/CR-02. Furthermore, description of results from B/Ca analysis of

Xi



cores AAS-9/21, SK-129/CR-05 and SK-129/CR-02 for understanding variations in [CO3?]
are provided. Variations in V/Ti from core AAS-9/21 are described in light of understanding

the bottom water oxygenation conditions for last 30 kyr.

Chapter 4: -

The modern day distribution of carbonate ion content and dissolved oxygen in the Indian
Ocean, and the vertical distribution and relation between [COs*] and dissolved oxygen in
the EAS is discussed here. Variation in sedimentation accumulation rates in three studied
cores (AAS-9/21, SK-129/CR-02 and SK-129/CR-05) are discussed in detail in this section.
Further I have discussed about the changes in deep-water circulation and temperature, which
are deduced from carbon and oxygen isotopic ratios from these cores. The carbonate ion
concentration from the Last Glacial Maximum (LGM) to the Holocene in deep-waters of the
EAS is quantified using the B/Ca proxy, supported by the shell weight data. Oxygenation
conditions at core sites were assessed using V/Ti ratios. Finally, a story of change in [CO3?]
since the LGM is presented in this thesis with necessary supportive data taken from the other

studies. Possible mechanism responsible for this change is also discussed.

Chapter 5: -
This chapter provides a summary on the important observations made in the entire thesis. It

further concludes the observation on carbonate ion variations at three different water depths
from the LGM to the Holocene, and a significant carbonate ion increase during the last

deglaciation observed at all depths.
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indicate the three cores used for the study — AAS-9/21 (water depth = 1800 m),
SK-129/CR-05 (water depth = 2300 m) and SK-129/CR-02 (water depth =
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Figure 4.7

Figure 4.8

Figure 4.9

Figure 4.10

Figure 4.11

3800 m). Profile is generated using ODV (Schlitzer, 2006). CDW- Circumpolar
Deep Water and HSDW- High Salinity Deep Water.

Graph showing &%C variations in epifaunal benthic foraminifera C.
wuellerstorfi from cores - AAS-9/21 (water depth = 1800 m, blue line), SK-
129/CR-05 (water depth = 2300 m, red line) and SK-129/CR-02 (Piotrowski et
al., 2009, water depth = 3800 m, green line). Grey bands in the figure indicate
a Heinrich Stadial 1 (HS1) and Younger Dryas (YD). White band indicates the
Bolling-Allersd (BA). The Last Glacial Maximum (LGM), deglaciation and

Holocene are marked with arrows on the top axis.

Graph showing &0 variations in epifaunal benthic foraminifera C.
wuellerstorfi from core AAS-9/21 (water depth = 1800 m, blue line), core SK-
129/ CR-05 (water depth = 2300 m, red line) and core SK-129/CR-02 core
(Piotrowski et al., 2009, water depth = 1800 m, green line). Grey bands in the
figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White bands
indicate Last Glacial Maximum (LGM), Balling-Allerad (BA) and Holocene
respectively. White band indicates the Bglling-Allergd (BA). The Last Glacial
Maximum (LGM), deglaciation and Holocene are marked with arrows on the

top axis.

Graph showing, a) &'C variations in epifaunal benthic foraminifera C.
wuellerstorfi from core AAS-9/21 (water depth = 1800 m), b) 8*3C variations
in benthic foraminifera core MD77-191 (Arabian Sea, water depth = 1254 m)
(Ma et al., 2020) and c¢) Enqof mixed planktonic foraminifera from core MD77-
176 (Bay of Bengal, water depth = 1375 m, Yu et al., 2018). Grey bands in the
figure indicate Heinrich Stadial 1 (HS1) and Younger Dryas (YD). White band
indicates the Bglling-Allered (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked with arrows on the top axis.

Graph showing variations in a) shell weights of planktic foraminifera G. ruber
in core SK-129/ CR-05 (water depth = 2300m) and b) CaCOs in core SK-129/
CR-05 (Guptha et al., 2005). Grey bands in the figure indicate Heinrich Stadial
1 (HS1) and Younger Dryas (YD). White band indicates the Bglling-Allergd
(BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are

marked with arrows on the top axis.

Graph showing variations in a) [COs%], b) average G. ruber shell weight (ug),
c) U/Th ratios (Godad et al., 2017), d) V/Ti ratios, e and f) §**C and 60 of C.
wullerstorfi, in core AAS-9/21. Grey bands in the figure indicate Heinrich
Stadial 1 (HS1) and Younger Dryas (YD). White band indicates the Bglling-
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Figure 4.12

Figure 4.13

Figure 4.14

Figure 4.15

Figure 4.16

Allerad (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene

are marked with arrows on the top axis.

Graph showing variations in a) [COs*], b) average G. ruber shell weight
(ugm), ¢) U/Th ratios (Pattan and Pearce, 2009), d and €) C. wullerstorfi §°C
and 580 respectively in SK-129/CR-05 core. Grey bands in the figure indicate
Heinrich Stadial 1 (HS1) and Younger Dryas (YD). White band indicates the
Bolling-Allersd (BA). The Last Glacial Maximum (LGM), deglaciation and

Holocene are marked with arrows on the top axis.

Graph showing variations in a) [CO3%], b) &g (Piotrowski et al., 2009) ¢ and
d) C. wullerstorfi $**C and 50 (Piotrowski et al., 2009) respectively in SK-
129/CR-02 core. Grey bands in the figure indicate Heinrich Stadial 1 (HS1)
and Younger Dryas (YD). White band indicates the Bglling-Allerad (BA). The
Last Glacial Maximum (LGM), deglaciation and Holocene are marked with

arrows on the top axis.

Graph showing variations in a) atmospheric CO, from Dome C ice-core
(Monnin et al., 2001; Lemieux-Dudon et al., 2010; Schmitt et al., 2012), b)
surface water pCO; from core AAS-9/21 (Naik et al., 2015), ¢) surface water
[COs*] from core AAS-9/21 (Naik and Naik, 2018), d) AXC of intermediate
waters from core RC27-23 (Bryan et al., 2010), e) deep-water [CO3%] from
core AAS-9/21 (water depth = 1800 m), f) deep-water [CO5%] from core SK-
129/CR-05 (water depth = 2300 m), g) deep-water [COs;*] from Core SK-
129/CR-02 (water depth = 3800 m). Grey bands in the figure indicate Heinrich
Stadial 1(HS1) and Younger Dryas (YD). White bands indicate the Bglling-
Allergd (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene

are marked with arrows on the top axis.

Graph showing variations in a) deep water [CO3?], b) CaCO3 (%) (Godad et
al., 2017), c) 8*3C from benthic foraminifera C. Wullerstorfi, d) Total Organic
Carbon (TOC %) (Godad et al., 2017), and €) Linear Sedimentation Rate
(LSR), from core AAS-9/21 (water depth = 1800 m). Grey bands in the figure
indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band
indicates the Bglling-Allered (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked with arrows on the top axis.

Graph showing variations in a) [CO3?] in core AAS-9/21, b) Concentration of
VITi ratios in core AAS-9/21 (This study), ¢) U/Th ratios in core AAS-
9/21(Godad et al., 2017), d) Total Organic Carbon (TOC %) in core AAS-9/21
(Godad et al.,2017). Grey bands in the figure indicate Heinrich Stadial 1(HS1)
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Figure 4.17

and Younger Dryas (YD). White band indicates the Bglling-Allergd (BA). The
Last Glacial Maximum (LGM), deglaciation and Holocene are marked with
arrows on the top axis.

Graph showing variations in a) [COs*] in core SK-129/CR-05, b)
Concentration of V (ppm) in core SK-129/CR-05, ¢) U/Th ratios in core SK-
129/CR-05 (Pattan and Pearce, 2009), d) Total Organic Carbon (TOC %) in
core SK-129/CR-05 (Guptha et al., 2005). Grey bands in the figure indicate
Heinrich Stadial 1 (HS1) and Younger Dryas (YD). White band indicates the
Balling-Allersd (BA). The Last Glacial Maximum (LGM), deglaciation and

Holocene are marked with arrows on the top axis.
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Chapter 1

1. INTRODUCTION

Climate change is one of the biggest challenges faced bymankind today which will
gradually affect our future. Climate change basically includes the gradual increase in
average temperatures of the atmosphere and ocean and this condition is termed as global
warming. Global warming is caused due to the presence of greenhouse gases like water
vapour, methane, nitrous oxide, carbon dioxide and other halogenated gases. These gases
trap heat and warm the atmosphere. Out of all the gases, carbon dioxide is of major concern,
as due to human impact of burning of fossil fuels the concentration of carbon dioxide is
increasing sharplywith present monthly mean atmospheric concentrations of 411.2 ppmv
recorded at the Mauna Loa Observatory (MLO). In the past, the concentration of carbon
dioxide gas in the atmosphere has fluctuated between 180 t0280 ppm between glacial to
interglacial cycles for the last 800 kyr (Figure 1.1; Lithi et al., 2008).
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Figurel.l: The history of atmospheric CO2and air temperature recorded from air trapped in Antarctic ice cores
for the last 800 kyr (Lthi et al., 2008).

Atmospheric COz is in equilibrium with surface ocean and is taken up by the oceans
through two major processes, biological and chemical (Figure 1.2). Biological process

includes the biological pump wherein the CO. from surface layer is taken up by
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phytoplankton during photosynthesis, thus capturing carbon in the organic matter. Chemical
process involves dissolution of CO, in seawater forming carbonic acid (H.CO3) which

dissociates into bicarbonate (HCO3") and further into carbonate ion (COs%).
CO: (atm) s CO2 (aq) + H20 (Sea water) s H2COs
H>CO35 HCOz+ H'
HCOs+ H'SCOs% + HY

Dissolved inorganic carbon (DIC) species includes the free aqueous carbon dioxide (CO>)

(aq), HCO3-and CO32-.
DIC = COz (aq) + [H2COs] + [HCO37] + [CO5%]

Total Alkalinity (TA) = [HCO3 + 2[CO3%] + [B (OH)4] + [OH] - [H*] + minor component

ATMOSPHERE
Co8

S

CO, === CO, + H,0 =—== HQCO3 carbonic acid

(gas) dlssolved
T HCO§ bicarbonate ion
Photosynthesns
Resplratlon

~Ht+ CO3 carbonate ion
(dlssolved) [Precipitation] | A [Solution]

OCEAN BOTTOM CaCOgj carbonate
sediments or
shells

Figure 1.2: Schematic representation ofcarbon dioxide exchange between atmosphere -ocean and carbonate

chemistry in sea water.

Alkalinity represents the excess base that affects deprotonation of aqueous CO- into
HCOs and COs?". Increase in alkalinity results in conversion of DIC to [CO3?], thus it leads

to decrease in DIC. Lowering of DIC causes conversion of aqueous CO; to DIC. Thus the
partial pressure of CO2decreases in surface waters which than effectively increases the CO»

solubility in seawater thus decreasing atmospheric CO.. Hence, any changes in the
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concentration of alkalinity in seawater can lead to significant changes in taking up or giving
out CO, from sea surface to atmosphere and thus influencing the climate at longer

timescales.
[CO3%] = Alkalinity - DIC (Zeebe and Wolf-Gladrow, 2001)

Many marine calcifying organisms like corals, foraminifera and coccolithophores
precipitate CO32 by combining with calcium to form calcium carbonate (CaCO3) and build

their exoskeletons, shells or other structures.
Ca%t + CO3% — CaCOs

These shells/exoskeleton sink throughthe water column and remain preserved in the
sediments for a long period of time after the death of the organism. These shells of calcareous
organisms are fairly distributed in the world ocean, but their occurrence in any ocean
depends on the CaCO3 solubility in the deep ocean. The solubility of CaCOs in deep waters
is mainly dependent on temperature, pressure and [CO3>] which determines the calcium
carbonate saturation state (Q2) at particular depth. Hence the solubility of CaCOs in the deep
waters is mainly controlled by the calcium carbonate saturation state (). On contrary,
because the surface waters are supersaturated with CO3s%, CaCOs precipitation is seen in
surface waters. The calcium carbonate saturation state is defined by the product of carbonate
ion concentration and concentration of calcium ions divided by the stoichiometric solubility

product and expressed as:

Calcium carbonate saturation state (Q) = ([COs*] * [Ca?*]) / Ksp”
Where
[CO3?] = in situ carbonate ion concentration
[Ca?*] = in situ calcium ion concentration
Ksp = stoichiometric solubility, Ks, = [CO3?] saturation* [Ca?*] saturation
Wherein Ks,” is the function of salinity, temperature and pressure.

The calcium carbonate has two polymorphs aragonite and calcite wherein aragonite
crystal is orthorhombic and calcite crystal is trigonal. Further the calcite is more stable than
the aragonite, hence aragonite dissolves faster than calcite and has higher Ks,” than calcite.

Calcium carbonate saturation state of aragonite is expressed as (Qarg) and calcium carbonate



saturation of calcite is expressed as (Qcal). Since the calcium carbonate formation and
dissolution in seawater causes calcium ions to change by <1% in ocean the calcium
carbonate saturation state (€2) can be simplified and expressed in terms of concentration of

carbonate ions only [CO3?]:
Calcium carbonate saturation state () = [CO3s?7 in situ / [COs*] saturation

The solubility of CaCOs in seawater is determined by the value of calcium carbonate
saturation state (), if Q >1, then the waters are supersaturated with calcium carbonate and
hence preservation of CaCOs shells is seen in such waters. Whereas, when Q < 1, then waters
areunder saturated with calcium carbonate and hence dissolution of CaCOs shells is seen in
such waters. In waters where Q = 1, the seawater is exactly in equilibrium/ saturation with
respect to calcite and the depth in the water column at which Q = 1 is called as the saturation

horizon.

After the death of the calcifying organism their shell sink to the bottom and
undergoes dissolution, liberating Ca?* and COs? ions back into solution. The depth in
seawater where the dissolution of CaCOz begins and increases dramatically is called as the
Lysocline. Whereas, the depth at which all the calcium carbonate gets dissolved is called the
Carbonate Compensation Depth (CCD) hence this is the depth at which the supply of CaCOs
is balanced by dissolution. Since aragonite is less stable than calcite the lysocline and CCD
are shallower for aragonite than calcite and referred to as the Aragonite Compensation Depth
(ACD). In the Arabian Sea, ACD ranges from 250 m to 700 m and can remarkably vary in
shallower continental margins (Berger, 1978) wherein the deepening and shallowing of
ACD can occur due to supply of organic carbon from surface to the sediments. Usually
where the productivity and organic carbon export to the sediment is high, the microbial
decomposition of organic carbon in such sediments liberates CO, which decreases the pH
and carbonate ion concentration of the ambient water, resulting in shallower ACD and vice

Versa.

Peterson and Prell, (1984) suggested the foraminiferal lysocline depth to be at 3800
m by using the percentage of whole planktic foraminifera, percentage of benthic
foraminifera, weight percentage of carbonate and the percentage of coarse fraction in the
sediments. Cullen and Prell, (1984) determined the foraminiferal lysocline depth in the
equatorial Indian Ocean to lie at 3800 m, 3300 m in the Arabian Sea and 2600 m in the Bay
of Bengal by studying the changes in relative abundance of species with depth. Initially CCD



in the Arabian Sea was concluded to be at 4800 m (Kolla et al., 1976). But later, Cullen and
Prell, (1984) observed the absence of whole foraminiferal test below the depth of 4600 m in
the eastern equatorial region, below 5000 m water depth in the western equatorial regionand
below 3000 m in the Bay of Bengal which is considered to be very similar to the

foraminiferal compensation depth in Indian Ocean.
1.1 Factors affecting carbonate ion concentration in seawater

Carbonate ion concentration in the sea water is non-conservative and can be affected by (1)

Biological processes

(2) Alkalinity Changes

(3) Mixing of deep water masses, and
(4) Air-Sea exchange

1.1.1 Biological Processes

» Photosynthesis

Photosynthesis is a process wherein CO> from the seawater, present in the form of DIC,
is utilised by marine phytoplankton for production of organic carbon (Figure 1.3A). At rain
rate ratio (Corganic: Ccaco:) 0f 4:1 (Broecker and Peng, 1982), photosynthesis consumes DIC
and alkalinity of seawater by a ratio of 3.58:1 (Yu et al., 2008) hence increases [CO3*] of
surface waters. It is because of this reason [CO3?] of the surface waters of the world ocean

is elevated.

106CO; + 16NO ™2 + HPO; * + 122H,0 + 18H* — (CH20)106(NHz3)16 H3PO4 + 1380:

» Regeneration of nutrients/decomposition

This is a process wherein the dead organic matter which sinks down the water column
is broken down into simpler forms using dissolved oxygen, leading to a release of CO, and
nutrients in water column. The release of COz increases DIC but decreases the alkalinity and
hence the [CO3*] (Figure 1.3A).

(CH20)106(NH3)16H3PO4 + 1380,—106CO2 + 16NO 2 + HPO; * + 122H,0 + 18H*



> Formation and dissolution of calcium carbonate

During the formation of calcium carbonate, carbonate ion is utilised and its concentration

decreases in the water column.
Ca%* + CO3% — CaCOs

Whereas during dissolution, carbonate ion is released back in water, which increases the
alkalinity and DIC of seawater by 2:1 ratio. This is also one of the process by which the
decrease in [CO32] and pH at deeper depths is compensated by dissolution of preserved

calcium carbonate in sediments.
1.1.2 Alkalinity change

Number of process such as evaporation, precipitation and brine formation affect the
surface alkalinity of the seawater. Theses processes are mostly involves changes in salinity
and DIC of the sea water. Seawater [CO3* ] is insensitive to salinity variation and could be

calculated as:
[COs* ]~ ALK - DIC

Thus, seawater [CO3*7] usually increases with increase in alkalinity by processes
such as evaporation and ice formation, these increase the difference between alkalinity and
DIC. However, changes occurring in seawater [COs>] are relatively small due to
evaporation and ice formation as both of theses processes affect alkalinity and DIC
proportionally. Whereas, erosion and dissolution of CaCQOg, increases the seawater ALK and

DIC in the proportion of 2:1 and drives up the seawater [CO3%] as can be seen Figure 1.3A.
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Figure 1.3: Graph showing the effect of various processes on (A) Carbonate ion concentration, [COs?]
(umol/kg), and (B) pCO, (natm) of surface sea water. Wherein [COs%] and pCO; of seawater are calculated at
temperature = 25°C, salinity = 35 (psu), pressure = 1 atm (water depth = 0 m) (Yu et al., 2014).

1.1.3 Mixing of deep water masses

Every deep water masshas a unique preformed [COs?]. Furthermore, biological
effects on the deep water masses are less significant and therefore mixing plays an important
role in affecting [COs%] of deep waters (Yu et al., 2008). North Atlantic Deep Water
(NADW) has the highest [CO3?] of ~120 pmol/kg, North Pacific Deep Waters (NPDW) has
the lowest [CO3?] of ~50 pmol/kg and the Southern Ocean has a [COs%*] of ~80 umol/kg.

Any mixing between these water masses can subsequently lead to a change in [CO3].



1.1.4 Air-sea Exchange

Changes in [CO3?] of seawater due to air sea exchange can only be seen in case of
surface water masses rather than the deep water masses. At the surface there are factors like
temperature, salinity, CO; evasion/invasion which affect [CO3?7]. The temperature effect on
[COs*7] is small, at about 0.5 umol/kg per °C, whereas the seawater [CO3>] is insensitive
to salinity variations (Yu et al., 2008). The CO> evasion and invasion has opposite effect on
[CO3%]. CO2 evasion is escape of CO, from the sea surface which results in an increase in

[CO3?] of the surface waters and the opposite is seen in case of CO2 invasion.

1.2 Distribution of modern day [COs*] in the world Ocean

The carbonate ion concentration in seawater is a derived variable and cannot be
directly measured due to the unavailability of suitable analytical methods. It is usually
derived from any two primary variables (which can be directly measured from seawater)
including Total Alkalinity (TA), pH, Total carbondioxide (TCO2) and the partial pressure of
carbon dioxide (pCOy) in seawater. Although Byrne and Yao, (2008) and Sharp and Byrne,
(2019) have attempted to directly measure the carbonate ion concentration in seawater
through spectrophotometric measurements, but these methods are not widely used. The
modern day vertical [COs%] as well as sectional view of variation in [COs?] in different
oceans and water masses given in various studies (Yu et al.,2013; Yu et al.,2014) have been
calculated and presented by using TA and TCO; data taken from the Global Ocean Data
Analysis Project (GLODAP) (Key et al., 2004).

Modern carbonate ion concentration of surface waters of all three oceans i.e. Indian,
Atlantic and Pacific is greater than that of the deep waters (Figure 1.4) and it is as low as 60
umol/kg in the deep waters of Northern Pacific and Indian Oceans (Broecker et al., 2000).
On contrary the [CO3?] of surface waters can beas high as 220 umol/kg. This is because of
the marine phytoplankton which consumes aqueous carbondioxide from seawater, thus
consuming DIC and alkalinity in a ratio of 3.58:1, hence leading to an increase in [CO3?] of
surface water. Organic matter formed at surface sinks to deeper depths and constantly
undergoes decomposition while sinking, during which the oxygen from surrounding water

masses is used up and CO is released and thus decreases the [COs%] of deep waters.

Deep water [COs?] of the world ocean (Figure 1.5) is controlled by two major water
masses, NADW formed in North Atlantic Ocean with a modern [CO3?] of~120 umol/kg and
deep waters formed in the Southern Ocean with a [CO3%] of~80 pumol/kg (Yu et al., 2014).
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At the NADW formation sites in the North Atlantic, there is an extensive utilisation of
nutrients by phytoplankton which contributes to an increased [CO3?] and productivity in
surface waters. These surface waters after gaining desired density, through intensive ice
formation, sink to deeper depths forming the NADW. This process makes NADW a water
mass having high oxygen concentration and low nutrients as evident from low PO values
close to 0.73 umol/kg (Broecker et al., 1995). Also since this watermass is newly formed, it
is well ventilated and there is less accumulation of respired CO> making it the watermass
with highest [CO3?] of~120 pmol/kg. Whereas, deep waters formed in the Southern Ocean
have high nutrient contents due to under-utilisation of nutrients by phytoplankton as evident
from high PO4 values of 1.95 umol/kg (Broeckeret al., 1995) which correspond to excess
respired CO- in deep waters of Southern Ocean which is then released from the surface
(Broecker and Peng, 1992) and transported to and absorbed by the North Atlantic Ocean.
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Figure 1.4: Vertical distribution of [CO3s%] in (A) Indian Ocean, (GLODAP data) (B) Atlantic (red squares)
and Pacific Ocean (purple circles), grey line describes the calcium calcite saturation in Atlantic and Pacific
Ocean. The calcite saturation is the depth where in-situ [CO3%] = [CO3?] saturation (is determined by pressure
or water depth) (Yu et al., 2014)

In the other two major oceans i.e. Pacific and Indian Ocean there is no formation of
deep waters; hence deep waters here are exported from the North Atlantic and the Southern
Ocean following the thermohaline circulation. So, as the NADW with a highest [COs*] of~
120 pmol/kg starts its grand journey from North Atlantic and moves to Indian and Pacific
Ocean, there is continuous decomposition of sinking organic matter which give rise to

utilisation of oxygen and cumulative accumulation/build-up of CO2 which consequently



results in decreased [CO3?]. Pacific Ocean being less ventilated and the last station for
NADW (here it upwells and contributes to surface waters) the [CO3?7] further decreases to
~ 60 umol/kg (Broecker et al., 2000). This transition of [CO3?] in deep waters of the world
Ocean with NADW having highest [CO3?] to Pacific deep waters having lowest [CO3?] and
Indian and Southern Ocean waters having moderate values is seen in Figure 1.5 (Yu et al.,
2014)

Figure 1.5: Schematic representation of modern day deep water [CO3%] at 3500 m water depth (Yu et al.,
2014).

1.3 Glacial - interglacial variations in carbonate ion concentration

Calcium carbonate studies in sediments gained more attention after the Swedish Deep-
Sea Expedition (1947-1948), which were mainly focused on the amount of calcium
carbonate content in the sediments on a glacial to interglacial timescale. The CaCO3z content
in sediments is important as it reflects the carbonate ion content in the overlying waters
making them saturated or undersaturated with respect to carbonate ion, which in turn leads
to preservation or dissolution of CaCOs. Arrhenius, (1952) observed alternating highs and
lows in CaCOs content in the Pacific Ocean during glacial and interglacial periods
respectively, whereas, opposite trends of low CaCOs during glacial and high during

interglacial were observed by Schott (1937) in the Atlantic Ocean. Initially these trends of
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glacial to interglacial CaCO3s in sediments were argued to be controlled by productivity
changes (Arrhenius, 1952; 1988; Emerson and Bender, 1981; Archer, 1991) and by changes
in the rate of dissolution (Berger, 1973; Broecker, 1971; Gardner, 1975). The Indian Ocean
does not exhibit a specific pattern but a mixed pattern was observed with some sites showing
a Pacific trend (Olausson, 1965; Oba, 1969; Naidu, 1991) and some showing an Atlantic
trend (Peterson and Prell, 1985; Naidu et al., 1993). However, some records showed
prominent dissolution during interglacials (Murray and Prell, 1992; Bassinot et al., 1994).
In the Atlantic Ocean, better preservation of CaCOs in sediments was seen during the
interglacials than during the glacials (Emerson and Bender, 1981; Crowley et. al., 1982;
Archer, 1991; Coxall et al., 2005). The Pacific and Indian Ocean showed preservation and
lysocline deepening during the glacial period as compared to modern and interglacial period
(Farrell and Prell, 1989; Wu et. al., 1990; Karlin et. al., 1992; Howard and Prell, 1994;
Stephens and Kadko, 1997). However, the use of the CaCOs proxy is only qualitative and
limited by factors like variations in surface water productivity, dilution and pore water

dissolution.

Foraminifera dissolution based proxies like selective species of planktic foraminifera
susceptible and resistant to dissolution were used by Ruddiman and Heezen, (1967) and
Berger, (1970a) and determined the different depths showing mild to severe calcite
dissolution in the Atlantic Ocean. Tappa and Thunnel, (1984) used planktic foraminiferal
biofacies to determine dissolution patterns in the Vema Channel. Benthic to planktic
foraminifera ratio as a proxy was introduced by Arrhenius, (1952) which was based on the
fact that benthic foraminifera are more resistant to dissolution than planktic foraminifera.
Coarse fraction and fragmentation of planktic foraminifera were used (Berger, 1970a;
Berger, 1973; Berger et al., 1982) for determining the lysocline and the Calcium Carbonate
Compensation Depth (CCD) depths in the western equatorial Pacific. Later, Lohmann, 1995
developed the shell weight proxy where he showed that the weight of whole foraminifera
shells picked from a narrow size range provides a measure of the extent of dissolution and
in doing so has the potential to serve as a paleocarbonate ion proxy. Shell weight proxy was
then extensively used for studying deep carbonate ion content of Atlantic, Pacific and Indian
Ocean (Broecker and Clark, 2001a; Broecker and Clark, 2001b; Broecker and Clark, 2001c;
Broecker and Clark, 2002a; Broecker and Clark, 2002b; Broecker and Clark, 2003). This
proxy showed large vertical gradients in COs?" in the Atlantic and Pacific Ocean. The first

attempt in utilisation of shell weights in the Indian Ocean showed that most intense calcite
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dissolution undergoes from 3900 m depth and foraminiferal shell weights for depths above
the carbonate ion saturation horizon depends on the surface water carbonate ion
concentrations (Naik and Naidu, 2007; Naik and Naidu, 2008). Furthermore, the shell weight
proxy was used to determine the changes in surface [CO3%] from the Last Glacial Maximum
(LGM) to Holocene (Naik et al., 2010; Naik et al., 2011) and on a million year’s time-scale
(Mungekar et al., 2020). Planktic foraminifera shell weight proxy also revealed a rise in
[CO3?] of deep waters through better preservation during deglaciation in the northern Indian
Ocean (Naik and Naidu, 2016). However, the shell weight proxy suffers due to certain
drawbacks such as pore water dissolution (de Villiers, 2005) and optimal growth conditions
in upwelling areas (Naik et al., 2011; Naik et al., 2013).

Another proxy, the size index proxy (Broecker and Clark, 1999) is based on the ratio of

coarse calcite to total calcite and given by the formula; -
[(>63um CaCOa/ Total CaCO3z) * 100]

The size index proxy was used to determine the [COs%] at various depths in the Atlantic,
Pacific and Indian Ocean (Broecker and Clark, 1999; Naik and Naidu, 2007). Later the size
index proxy was evaluated by Naik and Naidu, (2010) and found that apart from organic
carbon respiration which lowers the pH of the bottom waters through release of CO2 and
causes dissolution and fragmentation of foraminiferal shells, dilution from terrigenous input
also decreases the total CaCOs in sediments thus altering the size index. The changes in the
productivity and the presence of coccolithophores (nannofossils) which compose the <10
pm fraction of CaCOg3, can give opposite picture at sites where productivity is dominated by

cocolithophores, thus limiting the use of size index proxy.

Some of the other proxies developed to quantify carbonate ion concentration are zinc/
calcium (Zn/Ca) and cadmium/calcium (Cd/Ca) from benthic foraminiferal shells. Using the
Zn/Ca ratio, studies yielded a 10-15 pmol/kg lower [CO3*] during the LGM in comparison
to the Holocene, in the deep North Atlantic and deep tropical Pacific Ocean with a ~25-30
umol/kg peak in A[CO3?] (bottom water saturation state with respect to calcite) during the
deglaciation. Although these proxies can quantify the [COs?], it is necessary to know the
concentration of Zn and Cd of seawater in the past, which is why using these proxies remains
a challenge. Other element/calcium ratios of benthic foraminifera such as
magnesium/calcium ratio (Mg/Ca), lithium/calcium ratio (Li/Ca) and strontium/calcium

ratio (Sr/Ca) are found to be sensitive to the temperature as well as carbonate ion saturation
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(A [CO3?]) of the overlying waters (Hall and Chan, 2004; Rosenthal et al., 2006; Bryan and
Marchitto, 2008; Doss et al., 2018; Marchitto et al., 2018, Ma et al., 2020). Using the Mg/Ca
in the western equatorial Pacific Ocean, [CO3%] at 3.3 km depth was estimated to be ~19
umol/kg higher during the Holocene than during the LGM. An increase in [COs*] during
deglacial was observed by Fehrenbacher et al., (2006) and, Fehrenbacher and Martin,
(2011), whereas, Sadekov, et al., (2014) observed an ~30 pmol/kg increase in [CO327] during
the LGM than the Holocene in the eastern Equatorial Pacific Ocean at 2.5 km depth.
Furthermore, Rickaby et al., (2010) observed ~25 umol/kg elevated [CO3>] during the
glacial in the Weddell Sea using Mg/Ca. In the Indian Ocean, Ma et al., (2020) used
element/Ca proxy where in the sample was analysed for several elements such as Mg/Ca,
Li/Ca, Sr/Ca and uranium/calcium (U/Ca) to determine the [COs%] of deep waters in the
Arabian Sea and the Bay of Bengal and observed a prominent increase in [CO3?] of deep
waters during the deglaciation in the Northern Indian Ocean. Besides the above proxies, X-
ray Fluorescence (XRF) derived calcium/titanium ratio (Ca/Ti) together with the CaCO3
content in sediments was also used to study the [CO3?] variation on glacial to interglacial
timescales in the South Atlantic Ocean (Gottschalk et al., 2018).

Numerous studies have carried out the deep-water reconstructions of [COs%] in the major
oceans of the world from LGM to Holocene using B/Ca proxies (Yu et al., 2007; Yu et al.,
2010a; 2010b; 2013; 2014; Allen et al., 2015; Kerr et al., 2017) and showed that the [CO3?]
variation from LGM to Holocene occurred in three stages, the LGM, deglacial period and
Holocene. During the LGM, the deep water [CO3?] in Indian and Pacific Ocean was 5
pmol/kg higher than the Holocene. Furthermore, during the deglaciation period, a 15
umol/kg rise in [COs*] was seen which then decreased during the Holocene, hence both of
these ocean basins showed <6 pmol/kg change in [CO3?] from the LGM to Holocene (Yu
etal., 2010a). Whereas, the deep Atlantic Ocean showed an18 pumol/kg rise in [COs%] during
the Holocene as compared to the LGM and it also showed a slight increase of 3 umol/kg
during the deglaciation (Yu et al., 2007; Yu et al., 2010a). Allen et al., 2015 showed a 60 to
90 pmol/kg rise in [CO3s*] during the Heinrich Stadial and higher [CO3s*] during the
Antarctic Cold Reversal (14.5-12.8 kyr) than the LGM, in the upper deep waters of

Southwest Pacific Ocean.

All of these studies showed a rise in [CO3*] during the last deglaciation which was
attributed to the escape of carbon dioxide from deep waters and further related to a two-step

atmospheric rise in CO2 (Monnin et al., 2001). The atmospheric CO2rise during deglaciation
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is said to be caused due to the extensive upwelling of deep waters in the Southern Ocean
(Anderson et al., 2009) which contained stored CO». This stored CO, from deep waters
entered the intermediate waters during the extensive upwelling in Southern Ocean, leading
to lowered [CO3?] in intermediate waters (Yu et al., 2008; Yu et al., 2010b). The CO; from
intermediate waters was then transferred to surface waters through upward mixing evident
through increased pCO; and decreased carbonate ion concentration in surface waters of
world ocean (Palmer and Pearson, 2003; Foster, 2008; Palmer et al., 2010; Henehan et
al.,2013; Naik et al., 2015; Naik and Naik, 2018) and finally emitted to atmosphere leading
to atmospheric rise in CO. (Monin et al., 2001), thus invoking the deep ventilation
hypothesis. But the recent intermediate and deep water [CO3?] reconstruction using B/Ca
and 6B has revealed that during the LGM North Atlantic carbon pump efficiency was
almost doubled as compared to Holocene which resulted in enhanced CO. sequestration in
oceans through air-sea exchange and contributed to atmospheric CO> lowering (Yu et al.,
2019) during LGM. Thus the recent studies point towards two main processes involved in
the rise of atmospheric CO>: i) enhanced North Atlantic carbon pump during LGM which
lowered the atmospheric CO> (Yu et al., 2019) and ii) out gassing of deep water CO through
extensive upwelling in Southern Ocean which contributed to atmospheric rise in CO> during
deglaciation (Yu et al., 2007; Yu et al., 2010a; 2010b; 2013; 2014; Allen et al., 2015; Kerr
etal., 2017).

Studies carried out for understanding the variations in [COs?] of intermediate waters
using B/Ca in theSouth Atlantic Ocean (Lacerra et al., 2017; Lacerra et al., 2019) provided
a different view on deglacial [COs*]. These studies reported decreased [CO3*] in the
intermediate waters of the Atlantic Ocean (cores presently bathed by North Atlantic Deep
Water; NADW) during deglaciation, accept for one South Atlantic core (KNR-159-5-
990GGC, water depth = 1105 m) currently bathed by Antarctic Intermediate Water (AAIW),
which showed deglacial increase in [CO3?] (Lacerra et al., 2019). Earlier studies interpreted
the decreased [CO3?] in intermediate waters of North Atlantic to be due to the outgassing
of deep water CO; entering the intermediate waters and reducing the [CO3?] in intermediate
waters (Yu et al., 2008; Yu et al., 2010b; Yu et al., 2014). However, Lacerra et al., (2019)
attributed the decreased [COs*] to increased remineralized carbon during Heinrich Stadial
(HS1) and Younger Dryas (YD) when the AMOC was weak, and accumulated carbon due
to increased residence time of intermediate waters which enhanced carbon respiration,
increasing the £CO,. The increased [COs?] in core KNR-159-5-990GGC from the South
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Atlantic is supported by elevated [CO3?] in core RR0503-83 at 1627m depth from the
southwest Pacific Ocean (Allen et al., 2015). The elevated [CO3%] in this core was mainly
attributed to decreased remineralized carbon in AAIW during the deglaciation (Lacerra et

al., 2019) which again highlights the effect of carbon remineralization on [CO3%].

Additionally, the B/Ca proxy was also used for reconstructing millennial scale
variability in [COs%] of deep waters of Atlantic (Sosdian et al., 2018; Chalk et al., 2019),
Pacific (Kerr et al., 2017; Chalk et al., 2019; Wan et al., 2021) and Indian Ocean (Kerr et
al., 2017). Chalk et al., (2019) used B/Ca along with the 53C from benthic foraminifera to
study the changes in water mass structure and divided the changes in Atlantic Ocean
circulation operating in 3 different modes: overturning mode, weak glacial mode and full
glacial mode. Their data showed low [COs%] and low pH during the glacial times in deep
North Atlantic which closely resembles the ventilation changes in the North Atlantic.
Overall the study showed the significant role played by the Southern Ocean in controlling
atmospheric CO., The atmospheric CO, was drawn down by the Southern Ocean during the
cold phases and it was stored in the expanded deep Southern Ocean cell, lowering carbonate
ion and the pH of the deep waters. The study also highlighted the western basin accumulated
more respired carbon and showed good correlation with the atmospheric CO> than the
eastern basin. The study also confirmed the B/Ca proxy as a semi-conservative proxy and
when used in combination with fully conservative tracers such as 8*C and Eng places a
strong curb on the results. Wan et al., (2020) linked carbonate ion variations in the South
China Sea and Pacific Ocean to the sluggish deep water circulation, and increased carbon
storage in the Pacific Ocean during glacials correlated with the increase oceanic alkalinity
and hence would have contributed to drawdown of atmospheric carbon dioxide during
glacials. On contrary, Rickaby et al. (2010), by taking Southern Ocean and Weddle Sea
cores reconstructed the [COs?] in deep waters for last 800 kyr and proposed that the
atmospheric CO2 is mostly controlled by the changes in alkalinity brought about by the shelf
carbonate burial, which than controls the [COs*] in deep waters. Similar to this, Kerr et al.,
(2017) using Indian and Pacific Ocean cores showed high [COs?] and preservation of
CaCOs during glacials. These reconstructions were focussed on the carbonate preservation
on long time scales and revealed that preservation during glacials was due to the drop in sea
level, which resulted in decreased burial of neritic carbonate (including corals), which
increased ocean alkalinity and in order to balance this alkalinity rise in the Indian and Pacific

Ocean there was preservation of carbonate in deep ocean (Kerr et al., 2017).
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Through the observation of [CO32] and the carbonate preservation in the Atlantic
and Pacific Ocean on 1.5 Myr timescale, Sosdian et al., (2018) came up with the idea of
shifting of the calcium carbonate burial locus from the Atlantic to the Pacific Ocean. This
mainly occurs through the changes in ventilation wherein the increase in stratification and
corrosivity of Antarctic Bottom Water during the cold phases causes the dissolution of
calcium carbonate in Atlantic sediments and this dissolution is balanced by the enhancing
burial in Pacific Ocean which causes preservation of calcium carbonate during the glacials.
The whole mechanism of shifting the locus of calcium carbonate preservation occurs
through the changes in the A[CO3?] of the deeper waters and not through the delivery of

alkalinity during low sea levels (Sosdian et al., 2018).

1.4 Proxies used in this study

1.4.1 Foraminifera

Foraminifera are protozoans with single cell and having a amoeboid internal
structure. The cell mostly consist of a nucleus, vacuoles and cytoplasm which are usually
protected by a shell or ‘test” which is made out of calcium carbonate or agglutinated sand
particles. The size of these foraminiferal shells usually ranges from 0.1 to 1.5mm. Many of
the foraminifera species have multiple chambers which keeps increasing in size as the
foraminifera grows. Forams are pervasive in marine environments; and widely found in
tropics, polar seas, surface ocean, deepest seafloor, salt marshes and estuaries. Foraminiferal
tests along with the remains of coccolithophorids, diatoms, radiolarians, pteropods, and
other calcareous nanofosils make up the sediment which is present at the bottom of the sea

and distributed to a larger extent beyond the continental margins and above the CCD.

Planktic foraminifera are free floating near-surface dwelling organisms and are
found from the surface mixed layer to the thermocline. The greatest concentration of
foraminiferal species and individuals are seen in the upper 100-150 m water column where
the solar light penetration is maximum. Benthic foraminifera are bottom-dwelling
organisms, those dwelling at the sediment-water interface are called as epifaunal species and
those dwelling in upper 10 cm of sediments are called as infaunal species. Foraminifera
precipitate their shell by using calcium and carbonate ion from seawater thus capturing
seawater conditions during shell formation, and after the death of these organisms their

shells sink to the bottom and remain preserved in the sediment for several thousands of years
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thus making them very powerful tools for surface as well as bottom water paleoceanographic

reconstructions.

Paleoceanographic reconstructions using foraminifera can be done by two main
techniques; non-destructive technique and the destructive technique. Non-destructive
technique involves the study of abundance and morphology of foraminifera by observing
the physical properties of shell under the microscope. Relative abundance of planktic and
benthic foraminifera can be used to determine physico-chemical conditions prevailing at that
time. For example, the relative abundance of planktic foraminifera Globigerina bulloides
has been extensively used to reconstruct monsoon upwelling history in the Arabian Sea
(Prell, 1984; Naidu and Malmgren, 1996; Naidu, 2007; Godad et al., 2011). The morphology
of benthic shells are used to reconstruct bottom water oxygenation condition in the Arabian
Sea as well as in the world oceans (Severin, 1983; Kaiho, 1990; Nigam et al., 1992; Naik et
al., 2017; Khare et al., 2017; Suokhrie et al., 2017). The Benthic Foraminiferal Number
(BFN) is also extensively used to reconstruct the organic carbon content in the sediments,
as the foraminiferal number and their distribution is closely linked to the transport of organic
carbon to the sea floor and organic carbon in the sediment (Smart, 1994; Wahyudi and
Minagawa, 1997; Van der Zwaan et al., 1999; Dulk et al., 2000; Cappelli et al., 2019).
Several studies have used benthic foraminifera as a proxy for indicating the organic carbon
content in sediments (Smart, 1994; Wahyudi and Minagawa, 1997; Van der Zwaan et al.,
1999; Dulk et al., 2000). It is well understood that the organic carbon content in the
sediments is closely related to the oxygen content. In sediments having higher organic
carbon content, oxygen from the water column is utilised for the decomposition of organic
matter which is very commonly observed in the oxygen minimum zone of the Arabian Sea
at the depth of 200-1500 m.

Destructive technique involves the dissolution and analysis of shells to determine their
isotopic and elemental compositions in order to decipher the paleoclimatic conditions. It
includes the use of proxies like carbon and oxygen isotopes, boron isotopes, Mg/Ca, Zn/Ca
and B/Ca in foraminifera. The stable isotopic analyses of foraminifera were initiated in the
early fifties (Urey et al., 1951; Emiliani and Epstein, 1953; Emiliani, 1955), while the first
successful attempts to analyse trace element ratio of foraminiferal tests were made in early
eighties (Boyle, 1981; Boyle and Keigwin, 1985). Later, carbon and oxygen isotope proxies
and trace element ratios in planktic and benthic foraminifera were successfully utilised for

paleoclimate investigations.
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1.4.2 Shell weight of foraminifera

The shell weight proxy was initially developed by Lohmann, (1995). Shells of
foraminifera are made of primary and secondary calcite. Foraminifera synthesize their
chamber from primary calcite and the secondary calcite is responsible in thickening the
shells and forms the crust. The deposition of secondary calcite is dependent on the [CO3?]
concentration of the ambient waters, if the [COs%] of ambient waters is higher it leads to
increase in thickness of the chambers and results in heavier shell weights. This was
supported by culture experiments carried out in laboratory under controlled conditions
(Spero et al., 1997; Bijma et. al., 1999; Russell et. al., 2004). Thus by measuring the
foraminifera shell weight one can determine the [CO3?] of the ambient waters. This proxy
was extensively used to determine the surface and deep water carbonate ion content in
Atlantic, Pacific and the Indian Ocean (Broecker and Clark,2001a; Broecker and Clark,
2001b; Broecker and Clark, 2001c; Broecker and Clark, 2002a; Broecker and Clark, 2002b;
Broecker and Clark, 2003). When CO- dissolves in seawater, it forms DIC which comprises
of H,COs3, HCO3™ and COs? (see section 1). Planktic foraminifera utilise CO3%in seawater
to form their shells and thus record [CO3?] of surface waters during their formation. After
the death of foraminifera, their shells sink to the bottom and remain preserved in the
sediment for thousands of years thus recording the history of [COs%] in surface waters which
then can be used to determine the changes in atmospheric CO.. The preservation of
foraminiferal shells in sediment is again controlled by the bottom water [CO3*]. Better
preservation of shells is seen in waters having high carbonate ion content and dissolution is
observed in low carbonate ion waters. Thus the well/ poorly preserved shells reflect [CO3z*
] of ambient waters. The shell weight proxy in Indian Ocean was successfully utilised for
estimating the surface carbonate ion content as well as the variation in atmospheric CO>
from LGM to Holocene (Broecker and Clark, 1999; Broecker and Clark, 2001a; Naik and
Naidu, 2007; Naik and Naidu, 2008; Beer et al., 2010; Naik et. al., 2010; Naik et. al., 2011;
Naik et. al., 2013; Naik and Naidu, 2014; Naik and Naidu, 2016).

Although the shell weight proxy was extensively used to determine the surface
carbonate ion concentration, there are studies which show that the shell weights are not only
controlled by ambient [COs?*] but also controlled by diverse factors like presence of
symbionts, genotypic variability and optimum shell growth conditions of the species.
Planktic foraminifera host various kinds of algae as intracellular symbionts, which provide

foraminifera with the supply of limiting nutrients like nitrogen, in oligotrophic environments

18



(LeKiffre et al., 2020), which help in supplying energy through photosynthesis, calcification
and growth. Symbionts, through photosynthesis elevate the oxygen, pH and [CO3?] in
waters very close to the test wall, thus helping the foraminifera in calcification and growth.
Hence the shell weight of foraminifera bearing the symbionts may not reflect the actual
[CO3%] of ambient waters. Various genotypes of planktic foraminifera can exist within a
single morphotype which can have different responses to changes in environment. For
example, the different genotypes of G. bulloides morphospecies can have different response
of shell weight to [CO3%] in ambient waters (Beer et al., 2010).

The optimum shell growth conditions of the species is generally defined by the
ecological niche which in simpler terms refers to the suitable environment in which the
species exist, and that suitable environment will provide optimum growth conditions to the
foraminiferal species which results in an increase in shell weight as well as abundance of
that species (de Villiers, 2004). For example, Neogloboquadrina pachyderma thrives in
cooler, low saline and high nutrient waters and hence shows high abundance as well as
higher shell weights in the South Atlantic surface waters which are cooler, low saline and
nutrient rich (de Villiers, 2004). In the Western Arabian Sea (WAS) which is an intense
upwelling site, shell weights of G. bulloides were controlled by surface water [CO3?] from
22 —16 kyr time period, whereas from 16 kyr to present the shell weights were seen to be
controlled by the optimum growth conditions (Naik et al., 2011). On contrary, Beer et al.,
(2010) observed that shell weights were neither controlled by [COs%7] nor by optimal growth
conditions. Additionally, pore dissolution is also one factor which affects the use of this
proxy. The dissolution of foraminiferal shells above the lysocline is mostly caused due to
oxidation of the organic matter sourced from increased surface productivity and occurs at
the sediment water interface. Intense oxidation of organic carbon at the sediment water
interface leads to a carbonate ion gradient between the sediment water interface and the
overlying saturated bottom waters, which induces dissolution (de Villiers, 2005). The
presence of benthic fluff layer is also noted in several studies (Smith et al., 1996; Beaulieu
and Smith, 1998; Martin and Sayles, 1999; Beaulieu, 2002) which varies from a thin layer
in the open ocean to several centimetres in shallow waters (Beaulieu, 2002). This fluff layer
consists of phytodetritus which undergoes decomposition, releases CO, and decreases
[CO3?], resulting in calcium carbonate remineralisation of foraminiferal shells transiting
this layer thus decreasing the shell weight and hence this supralysoclinal dissolution hinders

the use of shell weight proxy in the marine environment (de Villiers, 2005).
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1.4.3 Geochemistry of sediments

The concentrations of elements in marine sediments are regulated by discrete
processes which comprise of terrestrial influx, biological processes, in-situ precipitation and
hydrothermal activities occurring within the water column. The elements enter into the sea
through rivers, atmosphere and hydrothermal activities. As soon as they arrive in the marine
environment they are acted upon by series of reactions which can be chemical or biological,
depending upon the sedimentation site. After undergoing various reactions, they either
dissolve or precipitate and get deposited in sediments and remain preserved for several years.
The geochemical analysis of such sediments can then predict their depositional environment.
Thus elemental concentration and ratios are largely used in paleoceanography for studying
provenance changes, paleo-productivity and oxygenation conditions of the bottom waters.
Elements such as aluminium and titanium have been used to trace terrigenous inputs in the
Arabian Sea (Nath et al., 1989; Pattan et al., 2003; Pattan et al., 2017; Pattan et al., 2019),
barium for biogenic productivity (Schmitz, 1987) and chromium, manganese, molybdenum,
rhenium, uranium, vanadium, cerium, cadmium and zinc as they undergo changes in
response to varying oxygen concentrations in bottom waters and hence can be used to
scrutinize the bottom water oxygenation conditions on a longer time scale (Pattan and
Pearce, 2009; Chandana et al., 2017).
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1.4.4 Oxygen isotope ratios

An oxygen atom has two isotopes O and O which are reffered to as "light" oxygen
and "heavy" oxygen respectively. The "light" oxygen is composed of 8 protons, and 8
neutrons, hence resulting in atomic weight of 16 (O*®) and is most common type of oxygen
atom found in environment. On the other hand, O has two extra neutrons which result in
atomic weight of 18 thus making it heavier than O*® and is rarely found in environment only
about 1 in 500 atoms of oxygen. The oxygen isotope fractionation and the environmental
factors affecting their concentration are shown in Figure 1.6. The difference in atomic
weights of these atoms impart distinct physical properties i.e. O being lighter, easily
evaporates from seawater than O*8, and O*® being heavier falls out first during precipitation.
This process makes the rainfall depleted in O8 and seawater from where evaporation takes
place becomes enriched in O*. Foraminifera calcify from seawater, locking up the seawater
isotopic signatures into their shells and in turn when these shells are analysed they reflect
the oxygen isotopic composition of seawater. These analyses are done on an Isotope Ratio
Mass Spectrometer (IRMS) which compares the sample with a reference and isotopic ratios

are expressed using the following equation.

51805ample = {[(180/160) sample/(lgo/leo) standard]'l} * 1000

The stable oxygen isotope analyses of foraminifera were initiated by Urey in 1947
wherein he investigated the isotope exchange reactions between water and CO3z?. Later in
1948 he pointed out that these small differences can be measured. The isotopic values
observed were also found to be consistent with the isotopic ratios of biogenic carbonates.
Later Emiliani in 1954 used oxygen isotope ratios of foraminiferal shells from deep-sea
sediments and reconstructed the glacial-interglacial climate swings in Late Pleistocene
(Emiliani, 1955). He was also responsible for the initial use of Marine Isotope Stages (MIS)
(Emiliani, 1955). Shackleton in 1967 revised Emiliani’s work and found that the
foraminiferal oxygen isotope records are not only controlled by changes in seawater
temperature but are indeed controlled by changes occurring in the oxygen isotopic
composition of seawater. In subsequent years, MIS finally emerged as a basic stratigraphic
tool (Shackleton and Opdyke, 1973). Thus, paleoceanography field was launched by
developing fundamental concepts through the intense work carried out by Urey, Shackleton

and their students. Since than analysing foraminiferal shells and estimating the oxygen
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isotopic composition became one of the most effective techniques for reconstructing

paleoceanography and paleoclimate.
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Figure 1.6: Schematic representation of oxygen isotopic fractionation and environmental factors affecting

oxygen isotope ratios in foraminiferal shells (Ravelo and Hillaire-Marcel, 2007).

1.4.5 Carbon isotope ratios

Carbon has two stable isotopes *?C, **C and one radioactive isotope *C. Amongst
the three isotopes, *2C is abundant than 3C, and **C. Atmospheric CO2 dissolves in seawater
and forms aqueous CO». Part of this aqueous CO is converted to DIC and part of it is taken
up by phytoplankton during photosynthesis. There is preferential uptake of *2C during
photosynthesis i.e. during photosynthesis *2C which is lighter is taken up first than 3C
(Figure 1.7). In this process 2C gets trapped in organic matter and *2C concentration in
seawater DIC decreases, whereas concentration of 13C increases. Oxidation of this organic
matter at deeper depths than releases nutrients and CO, which is rich in 12C. Lighter 2C
coming from oxidation of organic matter dilutes *C present in seawater DIC. Foraminifera
calcify their shells from seawater DIC and thus §'3C of foraminiferal shells reflects the
carbon isotopic composition of DIC in seawater and thus can be used as a proxy for

determining nutrient contents of water masses and tracing the water mass itself as every
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water mass has an unique concentration of nutrients and DIC. These foraminiferal shells are

analysed by using an IRMS and isotopic ratios are expressed using the following equation.

(13(:)
12 ample
613C5zrmple = _C sampl -1>*1000

13C
(IZC)Refbmnce

Carbon isotopic ratios of foraminiferal shells have been successfully utilised for

reconstructing the nutrient contents of water masses and paleo circulation in the Atlantic and
Pacific Ocean (Duplessy et al., 1983; Zahn et al., 1986; Duplessy et al., 1988; Curry et al.,
1988; Bickert and Mackensen, 2003), Indian Ocean (Kallel et al., 1988; Naqvi, 1993;
Ahmad and Labeyrie, 1994; Murgese and Deckker, 2007; Ahmad et al., 2008; Piotrowski et
al., 2009; Raza and Ahmad, 2013; Raza and Ahmad, 2014; Banerjee et al., 2017), Southern
Ocean (Siani et al., 2013). The §*3C along with [COs*] derived using certain proxies, are
also used for tracing water masses (eg. Yu et al., 2008). The difference in 8*3C ratios of
epifaunal and deep infaunal species of benthic foraminifera can also be used for determining
the bottom water oxygenation conditions in sediments (Schmiedl and Mackensen, 2006;
Hoogakker et al., 2014; Hoogakker et al., 2015).
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Figure 1.7: Schematic representation of carbon isotopic fractionation and environmental factors affecting
carbon isotope ratios in foraminiferal shells (Ravelo and Hillaire-Marcel, 2007).
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1.4.6  Boron/calcium proxy

Boron is the 10" most abundant and a conservative element in seawater, having a
residence time of ~10-20 Ma (Foster et al., 2012). Boron in seawater is generally sourced
from weathering of igneous rocks (Lemarchand et al., 2002), hydrothermal vents (Smith et
al., 1995), and fluids from accretionary prisms (You et al., 1993). The dissolved boron in
seawater exist as boric acid (B(OH)s) and borate ion (BOH4"), the boric acid is trigonally
coordinated and borate ion is tetrahedrally coordinated. The concentration of both the
species is dependent on the pH of seawater, at lower pH virtually all boron is in the form of
B(OH)3 species, whose concentration goes on decreasing as the pH of seawater increases
and at high pH all boron is present as B(OH) 4 species whose concentration increases with

increasing pH (Figure 1.8a).
B(OH); + HLO — B(OH) 4+ H*

Two stable isotopes of boron exist in nature they are, the heavier B (~80%) and
lighter 1°B (~20%). As the abundance of boron species vary their isotopic composition must
also vary accordingly (Figure 1.8b). Isotope exchange reaction between these two species is

given by
11B(OH)s+ °B(OH) 4<>1°B(OH); + 1'B(OH) 4

The equilibrium constant (1%) for the above reaction is greater than unity hence products are

stable (Kakihana, 1977; Oi, 2000a). During precipitation of calcium carbonate in sea water,
boron gets incorporated in foraminifera shells as B(OH) s (Hemming and Hanson 1992;

Hemming et al., 1995; Sanyal et al., 2000). Since only the charged species enters the calcite,
boron isotopic composition of calcite also increases with pH.
CaCOs + B(OH) s— Ca(HBO3) + HCOs™ + H20

Isotopic composition of marine carbonates (8 Bmarine carbonates) IS ~15-20 %o which is
lower than that of seawater (5'!Bsw= 39.61 %o). As the isotopic concentration of borate
increases with pH its isotopic concentration should also increase in marine carbonates.
Hence !B and boron /calcium (B/Ca) are proxies which can be used to estimate the paleo-
pH of seawater. Ocean pH is a component of the ocean carbonate system and is controlled

by the ratio of ALK to DIC. pH also closely parallels [CO2] and [CO3?] hence boron isotope
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ratios of fossil marine carbonate, typically foraminifera, may thus be used to investigate past

atmospheric pCO2, [CO3?7] and changes in the deep ocean carbon cycle.

Boron isotopic studies were initiated by Spivack et al., (1987) on clay minerals who
showed that boron in clays is not in isotopic equilibrium with seawater and thus cannot be
used for indicating depositional environments and is not suitable for paleoenvironmental
reconstructions; instead marine carbonates can be wused for paleoenvironmental
reconstructions as seawater is the main source of boron for marine carbonates. Later, studies
carried out on biogenic carbonates by experimental biological precipitation of calcite and
foraminiferal culture experiments showed that preferentially the borate ion is incorporated
in carbonates and boron isotopic compositions of these carbonates is strongly dependent on
pH of seawater in which they calcify (Hemming and Hanson 1992; Hemming et al., 1995;
Sanyal et al., 1996; Sanyal et al., 2000; Sanyal et al., 2001). This proxy was used for
different foraminiferal species and species specific calibrations were made (Henehan et al.,
2013; Yu et al.,, 2013). Boron isotopic composition of planktonic foraminifera was
successfully utilised for reconstructing pH and pCO> of surface waters in the North Atlantic,
equatorial Atlantic, Sub-Antarctic Atlantic (Foster, 2008; Seki, 2010; Henehan et al., 2013;
Yu et al.,, 2013), Pacific Ocean (Pearson and Palmer, 1999; Palmer and Pearson,
2003; Honisch and Hemming, 2005; Foster, 2008; Martinez-Boti, 2015) and in the Arabian
sea (Palmer et al., 2010; Naik et al., 2015).

Boron/calcium is a proxy which is based on the above explained principle of boron
isotopic composition i.e. as the pH of seawater increases the borate ion will get incorporated
in foraminiferal shell thus increasing boron concentration in shell. Initially this proxy was
used to reconstruct the paleo-pH and carbonate ion concentration in surface waters. Paleo-
pH of surface waters have been reconstructed using the B/Ca ratios of planktic foraminifera
in the Atlantic Ocean (Yu et al., 2007; Foster, 2008; Yu et al., 2013) and Pacific Ocean
(Tripati et al., 2009; Tripati et al., 2011). But the use of this proxy is limited by factors like
surface water DIC, wherein B/Ca ratios in planktonic foraminifera were initially found to be
controlled by pH and later it was observed to be also controlled by the DIC wherein
carbonate species competes with borate ion for incorporation in calcite and thus reflect the
abundance of DIC in seawater rather than the pH (Allen et al., 2012). Boron partition
coefficient Kp is also one of the controlling parameter of B/Ca based pCO2 reconstruction
(Tripati et al., 2009; Tripati et al., 2011; Naik and Naidu, 2014). Naik and Naidu, (2015)
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carried out pCO2 reconstructions in the Western Arabian Sea (WAS) and the Eastern

Arabian Sea (EAS) using different Kp given by Tripati et al., (2009).

Concentration (umol/kg)
(%) uonsodoigd

81'B (%o0)

Figure 1.8: The schematic graph depicts the variation in (a) concentration of borate ion [B(OH) 4] and boric
acid [B(OH)s] with seawater pH and (b)isotopic composition of borate ion [B(OH) 4] and boric acid [B(OH)s]
with seawater pH. Under the surface water conditions (T=25°C, S=35 psu) with 'Bsw = 39.61 %o (Foster et
al., 2010) and total boron of 432.6 umol/kg (Lee et al., 2010). Image source Rae et al., 2011.

Results showed that the WAS acted as sink for CO2 whereas the EAS acted as source as well
as sink for CO- for last 25 kyr. However currently, the WAS is an extensive upwelling site
and acts as strong source of CO2 and the EAS shows weaker upwelling and CO> outgassing.
The contrasting results indicate that the use of Kp for pCO> reconstructions is not a robust
one.

The epifaunal benthic foraminifera species Cibicidoides wuellerstorffi resides at the
sediment water interface and utilises calcium and carbonate ion from the overlying bottom
waters to build their CaCOs shell and thus smartly incorporates and records the variations in

oxygen and carbon isotope composition as well as the boron concentration (as mentioned
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above, incorporation of boron in calcite is highly controlled by pH) of deep waters in the
shell. Hence B/Ca values of benthic foraminifera reflect the carbonate chemistry of bottom
waters and thus this proxy can be used to determine the [COs%] of the bottom waters. Boron
isotopic measurements require large sample size for analysis and hence the measurements
carried out are located at few locations and have low temporal resolution (Honisch et al.,
2008; Yu et al., 2010b; Rae et al., 2011). Hence B/Ca in benthic foraminifera (Cibicidoides
wuellerstorffi and Cibicidoides mundulus) are employed after extensive core top calibrations
and it clearly shows a linear relationship with the deep-water A [CO3%] (Figure 1.9), from
which the [CO3?] in deep waters can be calculated. This proxy requires a smaller sample
size for analysis and also no significant effects of temperature and dissolution are seen on
B/Ca ratios of benthic foraminifera. This proxy has also been utilised by paleoceanographers
to quantify the [COs?] of bottom waters on glacial to interglacial timescales in all the three
major oceans of the world (Yu et al., 2007; Yu et al., 2010a; 2010b; 2013; 2014; Allen et
al., 2015, Kerr et al., 2017).
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Figure 1.9: Graphical representation depicting the linear relationship between B/Ca and carbonate ion
saturation (A[CO5?]) (Yu and Elderfield, 2007; Brown et al., 2011; Rae et al., 2011; Raitzsch et al., 2011; Yu
et al., 2013a). The equations mentioned in this figure are used to calculate A [CO3?] and [CO5?] is further
calculated (see section 2.3.6 for details). Plot from Yu et al. (2014).
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1.5 Study hypothesis

The atmospheric CO> concentration has varied between 180 to 280 ppm on glacial
to interglacial timescale for the last 800 kyr (Luthi et al., 2008). The specific process
underlying these variations is partially known and is still debated. However, the oceans are
being proposed as the major controllers of this glacial-interglacial CO> concentration
(Archer et al.,2000; Sigman and Boyle, 2000). Oceans control CO; in the atmosphere by
drawing it in and out, through its surface. Carbon dioxide in oceans is taken up by two main
processes, biological and chemical process (refer to section 1). Chemical processes include
dissolution of CO3 in surface water which forms the DIC in seawater. This process mostly
occurs between 20-60° N latitude and intensively in the southern hemisphere (Takahashi et
al., 2009). Thus this part of the global oceans acts as a sink for atmospheric CO2. Whereas
COz is given out of the oceans through processes like intense upwelling, wherein the
subsurface waters rich in nutrients and CO2 upwells at the sea surface and leads to the
increase in partial pressure of CO> in surface water thus exhaling CO> from surface, thus
acting as source of CO> to the atmosphere. This exhaling of CO, mostly occurs in the tropical
belt between 14° N to 14° S. Wherein, the tropical Pacific 14° N-14° S is the largest source
of CO; to atmosphere whereas the Nordiac Seas and parts of Arctic Seas in the North
Atlantic are the largest sinks for CO- (Takahashi et al., 2009).

Southern temperate (14°-50° S) Indian Ocean is seen to act as a sink for atmospheric
CO2 while north of 14° N i.e. the north western Arabian Sea act as source of CO; during
peak upwelling time in summer monsoon (June, July and August) due to high monsoon wind
speed and higher pCO; in sub-surface waters (Takahashi et al., 2009), thus making the
Arabian Sea a strong source of CO; to atmosphere after the equatorial Pacific (Takahashi et
al., 2002; Sarma et al., 2003).The pCO- in the Arabian Sea is found to be above 355 patm
for most part of the year (Sarma et al., 1998) and thus a perennial source of CO; to the
atmosphere (Somasundar et al.,1990; Kumar et al., 1992; George et al., 1994; Goyet et al.,
1998; Sarma et al., 1998; Sarma et al., 2000, Sarma et al., 2003). Although the Arabian Sea
acts as the source of COy, it is the western and the North Arabian Sea which majorly
contribute to the emitted pCO> rather than the EAS wherein, the excessive influx of fresh
water from precipitation and river runoff from the Western Ghats of India decreases the
pCO: in surface waters of the EAS. Hence the Arabian Sea shows a considerable spatial

contrast in pCOa.
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The spatial pCOz contrast in the Arabian Sea has also been maintained on the glacial
to interglacial timescale. The western Arabian Sea was seen to act as a constant source of
the CO2 to atmosphere for last 29-5 kyr (Palmer et al., 2010) whereas the EAS has acted as
the constant sink for atmospheric CO; for last 25 kyr (Naik et al., 2015; Naik and Naik,
2018), accept during the deglaciation wherein the surface waters of the EAS showed a spike
in pCO; and emitted CO- to the atmosphere during the time period of 15-13 kyr (Naik et al.,
2015; Naik and Naik, 2018). Although the WAS constantly emitted CO> to atmosphere for
29 kyr its intensity was maximum from 14 — 11 kyr, during the deglaciation (Palmer et al.,
2010), indicating similar processes control pCO- variations in the EAS and WAS during the
deglaciation. A similar pCO- spike in surface waters of western and East Equatorial Pacific
(Palmer and Pearson, 2003; Martinez-Boti et al.,2015), south-west Pacific (Shao et al.,
2018), Caribbean Sea (Foster, 2008), Equatorial and South Atlantic (Henehan et al.,2013;
Martinez-Boti et al., 2015), North Atlantic (Ezat et al., 2017) and Southern Ocean (Moy et
al.,2019, Shuttleworth et al., 2021) was also observed, indicating a global event which is
considered to be the cause of deglacial atmospheric CO: rise. Simultaneously, the
intermediate water studies indicate deglacial incursions of depleted radiocarbon activity (A
14C) into the intermediate waters of the Arabian Sea (Bryan et al., 2010) and Pacific Ocean
(Marchitto et al., 2007; Stott et al., 2008; Lindsay et al., 2015) which were attributed to the
incursions of lighter isotopic carbon from deeper waters through extensive upwelling in
Southern Ocean. Similar studies carried out in intermediate waters of the Atlantic Ocean
showed lowered [COs%] due to the penetration of deep water CO; in intermediate waters
(Yu et al., 2008; Yu et al., 2010b; Yu et al., 2014) (as these two parameters are inversely
proportional to each other). Studies in deeper waters showed increased [COs?] in all the
three major oceans of the world (Yu et al., 2010a, 2010b, 2013, 2014; Allen et al., 2015;
Kerretal., 2017; Ma et al., 2020). The Indian Ocean exhibited a rise of~10 pmol/kg, Atlantic
Ocean showed a rise of~21umol/kg and Pacific Ocean observed rise of~11 pmol/kg during
the deglacial (Yu et al., 2010a). This was attributed to the escape of CO, from deep waters
leading to increased [COs*] during deglacial time. All these studies point to previously
isolated glacial carbon stored in the deep ocean which was re-exposed to the atmosphere
through extensive wind driven upwelling of deep waters in the Southern Ocean during the
last deglaciation (Anderson et al., 2009; Yu et al., 2010). This glacial carbon was released
in the form of CO_ which raised the [CO3?] of deep-waters. This signal was then transferred
to intermediate waters of the global oceans, thus depleting its radiocarbon signal and

decreasing [CO3?] during the deglaciation. This lighter CO2then entered the surface waters
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producing a pCO2 spike in global waters and was finally emitted from surface waters giving

rise to a two-step rise of atmospheric CO> during deglaciation.

My study is based on hypothesis that, as Naik et al., (2015) observed a clear peak of
pCO; in surface waters of the EAS and Bryan et al., (2010) observed the A*C depletion of
the intermediate waters due to the incursion of isotopically light carbon during the
deglaciation, then there should also be rise in [COs*] of deep waters of the Arabian Sea
during the deglaciation. Therefore, | intend to understand the variations in [CO3%] in deep
and intermediate waters from theLGM to Holocene with special emphasis on the
deglaciation. Although the variation in [CO32] has been studied in all the three major oceans
of the world, there has been very small amountof work carried out in the Indian Ocean, one
in the southwest Indian Ocean (Yu et al., 2010a; Kerr et al., 2017) and other in the Arabian
Sea off southern tip of Indian peninsula (Ma et al., 2020), whereas, the other parts of Indian
Ocean like the Arabian Sea remain unexplored. The Indian Ocean being unique and different
from the Atlantic and Pacific Ocean, there is a need to explore it more and understand the

variation in [CO3?] of deep-waters.

The deglaciation time also coincides with the changes in the deep-water circulation
of the Arabian Sea, wherein increased flow of Antarctic Intermediate Water (AAIW) was
observed during the Heinrich Stadials (Jung et al., 2009; Yu et al., 2018) and decreased the
intensity of the Oxygen Minimum Zone (OMZ). The OMZ in the Arabian Sea are depths
where oxygen concentration falls between 0-0.5 ml/l (Schulte et al., 1999) and result in the
Carbon Maximum Zones (CMZ) (Paulimer et al., 2011). The Carbon Maximum Zones are
associated with high DIC, low pH and low carbonate ion content, inducing CaCOs
dissolution. Several studies in the Arabian Sea have shown poor preservation or dissolution
of CaCOs shells in the OMZ regions (Calvert et al., 1995; Singh, 1998; Singh et al, 2006;
Sing et al., 2007; Naik et al., 2014). On the other hand, better preservation of CaCOs shells
is also observed in the OMZ of Arabian Sea due incursions of oxygenated waters during the
stadials (Klocker and Henrich, 2006; Boning and Bard, 2009; Naidu et al., 2014). These
studies figure out a close relationship between oxygen, CO; in seawater and CaCOs3 in
sediment, wherein higher oxygen concentrations are associated with lower CO, and better

preservation of CaCOs.
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Figure 1.10: Graph showing variation in (a) atmospheric CO, (Bazin et al., 2013), (b) surface water pCO,
(Naik et al., 2015), (c) surface water [COs?] (Naik and Naik, 2018), and (d) radiocarbon activity (* C) of
intermediate waters (Bryan et al., 2010).
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My thesis objectives were framed in light of this hypothesis.
1.6 Objectives

My thesis is aimed at fulfilling the following objectives:

I.  To understand the Last Glacial Maximum to Holocene changes in carbonate ion

concentration in deep waters of the Eastern Arabian Sea.
II. To understand variations in bottom water oxygenation from the Last Glacial

Maximum to Holocene in accordance with carbonate ion concentration in deep

waters of the Eastern Arabian Sea.
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Chapter 2

2. STUDY AREA, MATERIALS AND METHODS

2.1 Study Area: -Eastern Arabian Sea

The eastern Arabian Sea (EAS) is geographically located between the eastern side
of Laxmi-Laccadive Ridge and the western coast of India. The surface circulation of Arabian
Sea is controlled by summer and winter monsoon winds which develops surface currents
that run in exactly opposite direction to each other in both seasons, and contribute to
upwelling and productivity in this region. This region also receives huge fresh water runoff
during the summer monsoon from the Western Ghat rivers, which brings considerable
changes in surface salinity of the EAS (Banse, 1959, 1968; Darbyshire, 1967; Johannessen
et al., 1987; Shetye et al., 1990). The south eastern Arabian Sea (SEAS) also receives low
salinity waters from the Bay of Bengal (BoB) brought in by the West Indian Coastal Current
(WICC) during the northeast monsoon. Hence the SEAS shows the influence of summer
monsoon as well as winter monsoon which brings about considerable changes in
hydrography. Narmada and Tapi are the two major rivers that bring sediments into this
region. The sediments here are mostly a mixture of terrigenous and biogenous material. The
terrigenous sediments are comprised of silt and clay and the biogenous sediments consist of
benthic and planktic foraminiferal shells along with traces of pteropods and diatoms (Govil
and Naidu, 2010). Another important feature of the Arabian Sea is the world’s thickest
Oxygen Minimum Zone (OMZ) at 200-1250 m depth, with oxygen concentrations falling to
<5 umol/kg.

2.1.1 Surface water circulation

Surface circulation in the Arabian Sea is governed by the monsoon. It experiences a
unique climate throughout the year with semi-annual reversal of surface currents during the
northeast (Figure 2.1) and southwest (Figure 2.2) monsoons. Currents developed during
these seasons run in exactly opposite directions to each other. On account of these currents,
upwelling is mostly seen during the southwest monsoon along Somalia, Oman and the West
Coast of India (Wyrtki, 1973) due to Ekman transport of waters, which leads to high inputs

of nutrients to surface waters and gives rise to higher productivity.

During the northeast monsoon, the wind direction reverses and results in

development of northeast monsoon current, which flows in opposite direction to the Somalia
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current. This wind reversal causes an onshore Ekman transport of surface waters, which
suppresses upwelling and lowers productivity in the western and southern Arabian Sea.
Whereas extensive convective mixing is observed at the head of the Arabian Sea
(Madhupratap et al., 1996; Reichart et al., 1998) and results in high biological productivity
(Yentsch and Phinney, 1992; Banse and English, 1993) which causes the formation of an
extensive OMZ at a depth of 150 t01200 m (Wyrtki, 1973; Naqgvi, 1991).
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Figure 2.1: Schematic of major surface currents in the northern Indian Ocean during the Northeast monsoon

T

(Winter). The major currents depicted are: South Equatorial Current (SEC), Northeast Monsoon Current
(NMC), Equatorial Jet (EJ), Equatorial Counter Current (ECC), East African Coastal Current (EACC), Somali
Current (SC), West India Coastal Current (WICC), East India Coastal Current (EICC) and East Madagascar
Current (EMC) (From Shenoi et al., 1999).
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Figure 2.2: Schematic of major surface currents in the northern Indian Ocean during the southwest monsoon
(Summer). The major currents depicted are: South Equatorial Current (SEC), Equatorial Counter Current
(ECC), East African Coastal Current (EACC), Somali Current (SC), Southwest Monsoon Current (SMC), West
India Coastal Current (WICC), East India Coastal Current (EICC) and East Madagascar Current (EMC) (From
Shenoi et al., 1999).
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The EAS receives annual rainfall of 1600 km? and is comparable to annual Ganga-
Brahmaputra run off of about 1,176 km? (Dai and Trenberth, 2002). Additionally, 80 % of
the precipitation on the Western Ghats finds its way into the EAS through numerous streams
and rivers (Shankar and Shetye, 1999). This leads to the lowering of near surface salinity
off the southwest coast of India during July-August (Banse, 1959, 1968; Darbyshire, 1967;
Johannessen et al., 1987; Shetye et al., 1990). However, the surface salinity in the EAS
during summer monsoon is seen to be below 36 psu and drops as much as 33.5 psu off
southwest coast of India for the duration of winter monsoon (Behara et al., 2019).
Freshening of EAS waters are also observed during the northeast monsoon due to inflow of
low salinity water from the BoB along with the WICC flowing from south towards north
(Thadathil and Gosh, 1992; Rao and Sivakumar, 1999; Shenoi et al., 1999; Jensen, 2001,
2003; Durand et al., 2004; Prasanna kumar et al., 2004; Shankar et al., 2005; Masson et al.,
2005; Gopalakrishna et al., 2005; Durand et al.,2007; Thadathil et al., 2008; Nyadjro et al.,
2012).

2.1.2 Terrigenous inputs into the Eastern Arabian Sea

The Arabian Sea receives input of lithogenous sediments by fluvial as well as aeolian
sources. Aeolian sediments are mostly sourced from the Arabian and Thar Desert
(Manjunatha and Shankar, 1992) whereas the fluvial sources mostly include the sediment
discharge from Indus River which brings about 300 to 675 million tons of sediment per year
(Milliman et al., 1984). Narmada and Tapti River bring in~60 million tons of Suspended
Particulate Matter (SPM) per year (Borole et al., 1982). Sediment brought down by these
rivers are larger in volume in comparison to the sediments discharged by rivers from the
Western Ghats. For this reason, the sedimentation rates in the southeast Arabian Sea are

comparatively lesser than the northern Arabian Sea (Manjunatha and Shankar, 1992).
2.1.3 Upwelling and OMZ in the Eastern Arabian Sea

The eastern Arabian Sea experiences semi-annual wind reversals which affects
numerous processes like surface circulation, upwelling, productivity, precipitation, salinity,
temperature, terrestrial inputs and CO- uptake. During the southwest monsoon, winds blow
parallel to the Indian Coast which causes Ekman Transport of water away from the coast
and results in upwelling of cooler and nutrient rich subsurface waters which later contribute
to productivity in the Arabian Sea. The EAS experiences milder upwelling in comparison to
the Western Arabian Sea (WAS) (Shetye et al., 1990; Muraleedharan and Prasanna Kumar,
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1996) which causes a mild increase in productivity in the EAS. High primary production in
the WAS causes export of produced carbon, whereas in the EAS, the carbon is recycled
(Sarma, 2004). The exported carbon in the form of organic matter undergoes
remineralisation/decomposition throughout the water column, consuming oxygen and
liberating CO». Hence the excessive liberated CO2 together with sluggish intermediate water
ventilation in the Arabian Sea causes development of a strong and perennial OMZ with
oxygen concentration reaching upto < 5 pmol/kg at depths of 200-1200 m. In addition,
strong winds blowing over the North Arabian Sea (NAS) during the northeast monsoon
cause cooling and convective mixing (Madhupratap et al., 1996; Reichart et al., 1998) which
result in cooler and nutrient rich subsurface waters to come to surface and leads to higher
productivity (Yentsch and Phinney, 1992; Banse and English, 1993) which later also

contributes to the extensive OMZ development.

Although mild upwelling and low productivity is seen in the EAS as compared to
the WAS, the OMZ formed is oriented mostly towards the central and the eastern AS rather
than the WAS. This shift in OMZ is caused due to strong advection of Oz rich Persian Gulf
Water (PGW) and Red Sea Water (RSW) and the transport of organic detritus from highly
productive western Arabian Sea to less productive EAS through eastward moving currents.
Oxygen Minimum Zones in the Arabian Sea are also termed as Carbon Maximum Zones
(CMZ) (Paulmier et al.,2011) and are associated with high Dissolved Inorganic Carbon
(DIC), low pH and low carbonate ion content inducing CaCO3 dissolution. On account of
strong and perennial OMZ formed at intermediate waters of the Arabian Sea, several studies
have reported dissolution of CaCOs shells (Calvert et al., 1995; Singh, 1998; Singh et al,
2006; Singh et al.,2007; Naik et al., 2014b).

2.1.4 Carbon dioxide system in surface waters of Eastern Arabian Sea

The CO2 system in the surface waters of the Arabian Sea is also greatly affected by
the seasonal wind reversals. The Arabian Sea generally acts as perennial source of CO; to
the atmosphere (Somasundar et al., 1990; Kumar et al., 1992; George et al., 1994; Sarma et
al., 1998; Goyet et al., 1998; Sarma et al., 2000, Sarma et al., 2003) with surface pCO.
concentrations above 355 patm for almost most part of the year (Sarma et al., 1998). The
increased pCO: in surface waters mostly result from the upwelling and convective mixing
of subsurface waters containing 1100 patm of pCO:> resulting from nutrient regeneration

(Sarma et al., 1998). However, a very small region of the EAS i.e. coastal waters at ~ 15° N
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shows low pCO2 during southwest monsoon on account of high fresh water influx from
small rivers in the Western Ghats which are highly active during summer monsoons (Sarma
et al., 1998). Thus physical processes control pCO2 concentrations in surface waters during
monsoon season, whereas, biological activities control pCO> during the inter-monsoon
seasons (Sarma et al., 2000). Similarly, the EAS shows lower DIC as compared to western
and northern Arabian Sea, due to influx of fresh waters from the Western Ghats and BoB

during the southwest monsoon and northeast monsoon respectively (Sarma et al., 2000).

2.1.5 Deep-water circulation of the Arabian Sea

During the northeast monsoon the continental winds cool the surface of northern
Arabian Sea which results in the formation of high salinity water mass having temperature
of 24-28° C and salinity of 35.3 — 36.7 psu and termed as the Arabian Sea High Salinity
Water (ASHSW) (Shetye et al., 1994; Prasanna Kumar and Prasad, 1999) which is found in
the upper 100 m of the water column. This water moves southwards and its extent to the east
is limited to 67° E due to presence of WICC progressing northward, which restricts its
spreading in the shelf areas. However, during southwest monsoon, the circulation reverses
in direction and ASHSW spreads southward along the West Coast of India (Prasanna Kumar
and Prasad, 1999). Its movement towards south is again limited by the North Equatorial
Current (NEC) and eastward flowing monsoon current during the winter and summer

monsoon respectively.

The Arabian Sea is also influenced by the Persian Gulf Water mass (PGW) entering
the Gulf of Oman from Strait of Hormuz. The PGW is formed by excess of evaporation over
precipitation during the winter season and is characterised by temperatures of~17° C, salinity
of > 36.2 psu (Prasad et al., 2001) and oxygen concentration of 3.5 ml/I (Wyrtki, 1971). This
water spreads southward during winter, along the western boundary, with its core found at
200-300 m depth (Prasad et al., 2001). During the reverse circulation in summer monsoon,
the PGW moves southward but is pushed towards the central Arabian Sea by currents
moving in opposite direction. The core of this water mass progressively deepens as it moves
southwards. Shankar et al. (2005) reported the presence of PGW in the southeast Arabian
Sea. Shenoi et al. (2005) observed PGW at a depth of 200-300 m in southeast Arabian Sea

wherein the salinity of the water mass was reduced to 35.2 psu.

The Red Sea Water mass (RSW) is formed due to excess of evaporation over

precipitation and enters the Gulf of Aden through the Strait of Bab-el-Mandeb and then
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spreads in the Arabian Sea forming a salinity maximum at 500-800 m depth which deepens
as it moves towards the equator. The Red Sea Water mass can be identified with distinct
high salinity of 35.1- 35.6 psu and temperatures of 9-11° C (Prasanna Kumar and Prasad,
1999). This water mass spreads towards the equator along the Somalia Coast and it has been
reported to reach the Agulhas Current (Beal et al., 2000). Patches of this water mass were
also reported in the central Arabian Sea to Southwest Coast of India (Shankar et al., 2005;
Shenoi et al., 2005). Babu et al. (1980) and Shankar et al. (2005) have observed the

equatorward movement of RSW along the southwest coast of India.

Intermediate water masses in the Arabian Sea mostly consist of the above discussed
ASHSW, PGW and RSW occupying the upper 1000 m water depth. The PGW and RSW
water masses are bound by the Indian Central Water (ICW) (Emery and Meincke, 1986;
Tomczak and Godfrey, 2003; Carton et al., 2012) which are derived from the South Indian
Ocean and are formed from subducted water in the Subtropical Convergence (Sprintall and
Tomczak, 1993; Tomczak and Godfrey, 2003) along with contributions from Antarctic
Intermediate Water (AAIW) and Indonesian Intermediate Waters (IIW) (Emery and
Meincke, 1986; You and Tomczak, 1993). AAIW is the dominant water mass among the
intermediate water masses of the Indian Ocean. It originates from deep convection of Sub
Antarctic Front in the southern hemisphere (You, 1998) and enters the Indian Ocean from
mid of the Indian sector of the Southern Ocean, whereas, in the North Indian Ocean it
propagates as western boundary current off Madagascar (You, 1998). However, AAIW in
the North Indian Ocean can only be traced up to 5° N (You, 1998).

Since there is no deep-water production in the Indian Ocean, the deep water masses
in the Indian Ocean basin are mostly of global origin and are sourced from the North Atlantic
and the Antarctic Ocean. The deep water mass originating from the North Atlantic basin is
termed as the North Atlantic Deep Water (NADW) and that arising from the Antarctic basin
is termed as the Antarctic Bottom Waters (AABW). Both of these water masses are together
referred to as Circumpolar Deep Waters (CDW) and represent one arm of the global
conveyor belt circulation that enters the Indian Ocean. The North Atlantic Deep Water
originates from the North Atlantic and is formed from the excessive cooling and brine
rejections during ice formation from the upwelled surface waters brought by the Gulf
Stream. Whereas, the AABW is formed from Antarctic surface waters which is cooled to
freezing and also subjected to brine rejection during sea ice formation in Weddle and Ross

Sea. The Antarctic surface waters are mixture of waters sourced from upwelled NADW in
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the Southern Ocean, cooled surface waters of Antarctica which is freshened by precipitation
and near surface water obtained from melting of ice (Talley, 2013). The Antarctic Bottom
Water is northward moving water mass with greater density than southward moving NADW
and therefore it is overlain by the NADW. Both these water masses meet at the 50-60° S at
the southern tip of South Africa in the Agulhas basin wherein they mix and give rise to CDW
which occupies deeper depths and thus comprise deep-water circulation in the Indian Ocean
and Pacific Ocean. The Circumpolar Deep Water is further divided into the Upper
Circumpolar Deep water (UCDW; 2.0-3.8 km), and Lower Circumpolar Deep Water
(LCDW; below 3.8 km). The UCDW has a greater component of NADW with little
homogenization by the Southern Ocean (Schott and McCreary, 2001; Mc Cave et. al., 2005),

whereas, the LCDW is mostly sourced from the densest water arising from Antarctica.

Deep-water circulation in the Indian Ocean (Figure 2.3) is primarily controlled by
the bottom topography and the complex ridge system on the Indian Ocean floor. The two
main ridges, namely; the Central Indian Ocean Ridge and the Ninety-East Ridge divides the
Indian Ocean deep circulation into three different circulation systems (Warren, 1981). The
Central Indian Ocean Ridge separates the western from the central Indian Ocean circulation
and the Ninety-East ridge splits the West Australian Basin circulation from the Central
Indian Ocean Circulation system (Warren, 1981). Circumpolar Deep Water enters the Indian
Ocean through two flow pathways in the south western and south eastern Indian Ocean
(Figure 2.3) (Mantyla and Reid 1995). The deep waters entering through the south western
Indian Ocean flow as the Deep Western Boundary Current (DWBC) (Pichon, 1960; Warren,
1974; 1978; Fieux, 1986; Johnson et al., 1991a, b; Warren and Johnson, 1992). The Deep
Western Boundary Current which is sourced from CDW entering from the south western
pathway first enters the Crozet Basin. Its movement further is controlled by the southwest
Indian Ocean Ridge which is heavily fractured and the height of the ridge decreases along
the north, near the central Indian Ocean Ridge (Fisher et al., 1971). Hence, the deep waters
flow from the Crozet Basin to the Madagascar Basin through the fracture zones in the
southwest Indian Ocean Ridge (Warren, 1973; Warren, 1978).

In the Madagascar Basin the water masses flow northward along the western part of
the basin, at the same time some amount of NADW which leaves the Atlantic Basin moves
northward into the southwest Indian Ocean near the Agulhas and joins the CDW entering
the Madagascar Basin (Talley et al., 2013). From the Madagascar Basin, the CDW enters

the Mascarene Basin from where it is expected to flow into the Somalia Basin since no return
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flow was observed from the Mascarene Basin (Wyrtki et al., 1971). The Circumpolar Deep
Water from Mascarene Basin then progresses to the Somalia Basin through the Amirante
Passage which is the deepest connection between the Mascarene and Somalia Basin
(Johnson et al., 1998). In Somalia Basin, the CDW moves northward along the Somalia
Coast and further crosses the equator and moves eastwards and enters the Arabian Basin
through the Owen Fracture Zone on Carlsberg Ridge (Jhonson et al., 1991a). The Arabian
Sea also receives CDW emerging from the Central Indian Ocean Basin, which forms the
second source of CDW to the Arabian Sea (Jhonson et al., 1991b).

The south western Indian Ocean circulation is better studied than the south eastern
Indian Ocean. The CDW entering the Indian Ocean from the south eastern pathway
bifurcates at the north of southeast Indian Ridge in South Australian Basin, one branch enters
the central Indian Ocean Basin and other enters the Perth Basin (Hufford et al., 1997;
Donohue et al., 1999). The water masses entering the central Indian Ocean Basin further
move northward and splits into two branches, one entering the Arabian Sea through the
passage in the Chagos-Laccadive Ridge and other turns north till the southern tip of Chagos-
Laccadive Ridge and then feeds the deep-waters of the BoB. The branch of the CDW which
has branched at the north of southeast Indian Ocean Ridge moves northward, surrounds the
Broken Ridge and feeds the western boundary flow in the Perth Basin (Hufford et al., 1997;
Donohue et al., 1999). The CDW then moves northward along the Ninety-East Ridge

circulating deep-water in the West Australian Basin.

North Indian Deep Water (NIDW) is a southward moving high salinity water mass
formed from upwelling of CDW entering the Arabian Basin and the BoB Basin and is also
referred to as aged CDW (You, 2000). Shetye et al., (1994) refers to this water mass as the
Modified North Atlantic Deep Water (MNADW) found below 1500 m depth in the Arabian
Sea. NIDW has major components of CDW and minor contributions from intermediate
water masses such as PGW, RSW (Kumar and Li, 1996) and even the AAIW as it moves
south. Kumar and Li, (1996) also refer to this water mass as the High Salinity Deep Water
(HSDW) observed in the Arabian Sea as well as in the BoB. This water mass in the Arabian
Sea is found between depth of 1100 m and 2200 m (Beal et al., 2000).
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Figure 2.3: Schematic representation shows deep water circulation in the Indian Ocean wherein black arrows
indicate the direction of flow of CDW and NADW. The thicknesses of arrows indicate the intensity of flow,
CDW: Circumpolar Deep Water and NADW: North Atlantic Deep Water (You, 2000; Talley et al., 2013).

2.2 Materials

2.2.1 Sediment cores

Sediment cores for this study were selected based on depths of various water masses
in the Arabian Sea. The map of study area along with the core locations and their details are
shown in Figure 2.4 and Table 2.1 respectively. In order to study the carbonate ion content
of deep waters of the EAS, three sediment cores were selected which are: core AAS-9/21,
retrieved from a depth of 1800 m from the eastern Arabian Sea during A. A. Sidorenko
cruise 9 in the year 1995 and cores SK-129/CR-05 and SK-129/CR-02 were raised from the
southeastern Arabian Sea from a depth of 2300 m and 3800 m respectively during ORV
Sagar Kanya cruise 129. The selected cores are well below the present day OMZ and above
the Foraminiferal Lysocline (FL) depth of the Arabian Sea (FL= 3300 m; Cullen and Prell,
1984), except for core SK-129/CR-02, hence precluding the possibility of CaCOzdissolution
at these depths. Cores SK-129/CR-05 and SK-129/CR-02 are presently bathed by CDW
entering the Indian Ocean and core AAS-9/21 is bathed by the High Salinity Deep Waters
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(HSDW) derived from the CDW. These cores lie in the flow path of southern sourced waters

entering the Arabian Sea and have minimum effect of surface processes (explained in above

section 2.1) making them appropriate core sites for investigating LGM to Holocene variation

in deep water [CO37].
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Figure 2.4: Map showing deep-water circulation in the Indian Ocean wherein red circles indicate location of

the cores used in the study. Black arrows indicate the flow paths of Circumpolar Deep Waters (CDW) entering

the Indian Ocean by two pathways from southwest and southeast Indian Ocean. Thickness of the arrows refers

to the intensity of the flow (You, 2000; Talley et al., 2013).
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Table 2.1: Sediment cores used in this study with core IDs, location, water depth and year

and month of retrieval.

Sr.No. | CorelD Water Depth | Latitude | Longitude | Year and Month
(m) of retrieval
1 AAS-9/21 1800 14.50° N 72.65° E Jan 1995
2 SK-129/CR-05 2300 9.35° N 71.98°E Dec 1997
3 SK-129/CR-02 3800 3.02°N 76.50° E Dec 1997
2.3 Methods

2.3.1 Processing of Sediment Sample

The sediment cores were sub-sampled at 2 cm interval and were processed in a
laboratory. Approximately 10 g of sediment sample was taken and oven dried at 60° C. The
dried sample was then transferred to a 100 ml beaker and soaked in water and 10 ml of 10%
sodium hexa-meta-phosphate was added (for disintegration of sample if required) and kept
overnight. Properly disintegrated sample was wet sieved through > 63 pum sieve using
distilled water. Washing of sample through sieve was done carefully to avoid breakage of
foraminifera. The sample was washed to remove the clay and, the > 63 um fraction (coarse
fraction) were transferred to 25 ml beaker with great care and kept in the oven at 60° C for
drying. Dried coarse fraction was then dry sieved to appropriate size fraction and used for
picking of benthic and planktic foraminifera for radiocarbon analysis, oxygen and carbon

isotope analysis and B/Ca analysis. Same procedure was followed for the rest of the samples.
2.3.2 Age Model

The chronology of all the cores used in the study (SK-129/CR-05, SK-129/CR-02
and AAS-9/21) are based on radiocarbon (** C) dates obtained by Accelerated Mass
Spectrometer (AMS). Accelerated Mass Spectrometer *C dates were obtained on minimum
of 13 mg of mixed species of Globigerinoides sacculifer and Globigerinoides ruber and
wherever sample quantity was not adequate (minimum 13 mg), Neogloboquadrina dutertrei
was picked and added to obtain the desired quantity of sample. The chronology of core SK-
129/CR-05 is based on seven AMS “C dates analysed at University of Cologne, Germany.
Radiocarbon analysis were performed on 13 mg of sample consisting of G. sacculifer (G.

ruber and N. dutertrei were added where sample was not adequate) of size range 250-
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355um. The foraminiferal samples were pre-treated with 1% HCI and washed with Milli-Q
water of pH 6 prior to analyses. Dates obtained were converted to calendar age by using
Calib 7.1 programme (Stuiver et al., 2017). The chronology of core AAS-9/21 core was
adopted from Govil and Naidu, (2010) except for three additional dates which were obtained
to improve the chronology, from University of Cologne, Germany. Radiocarbon analyses
were performed on 13 mg of sample consisting of mixed foraminiferal species of G.
sacculifer and G. ruber using the same method as mentioned above. The age model for core
SK-129/CR-02 was taken from Piotrowski et al., 20009.

2.3.3 Identification of benthic species and calculation of Benthic Foraminiferal Number.

A representative sample of coarse fraction (> 63 um) was split with the help of a
splitter to pick minimum 300 specimens of benthic foraminifera. The sample was than
weighed to calculate the Benthic Foraminiferal Number (BFN). The representative sample
was then put on the picking tray and only benthic foraminifera were picked using a
stereozoom microscope (OLYMPUS SZX 16). Picked specimens were counted and mount
on labeled rectangular 60 chambered micro paleontological assemblage slides. Identification
of the benthic foraminifera till generic level was done with the help of the Atlas of Benthic
Foraminifera and online images obtained from website of World Register of Marine Species
(WORMS). Benthic Foraminiferal Number was calculated by using the formula given

below: -

Benthic Foraminiferal Number (BFN) = [(Number of benthic foraminifera in picking

fraction/weight of picking fraction) * (Weight of coarse fraction/Weight of dry sediment)]

2.3.4 Identification of Cibicidoides wuellerstorfi (Schwager), 1866

Cibicidoides wuellerstorfi is an epifaunal benthic foraminiferal species and widely
used in stable isotopic analysis for paleoclimate determination. The Scanning Electron
Microscope (SEM) image of C. wuellerstorffi is given in Figure 2.5. It is an oval shaped and
consist of alow trochospiral and planoconvex test having 8-12 chambers in the final whorl.
The test shows the presence of sutures which are strongly curved and has an interiomarginal
aperture. ldentification of the C. wuellerstorffi specieswas done with the help of foraminifera
taxonomy plates reported in various research papers (Rae et al., 2011; Gottschalk et al.,
2016), additionally, the Atlas of Benthic Foraminifera and online images obtained from

website of World Register of Marine Species (WORMS) were also used for identification.
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Figure 2.5: Scanning Electron Microscope images of epifaunal benthic foraminifera Cibicidoides wuellerstorfi,

(@) spiral view, (b) umbilicalview and (c) lateral view.
2.3.5 Oxygen and carbon isotopes

For oxygen and carbon isotope analysis of benthic foraminifera, minimum of 2 shells
of C. wuellerstorfi of the size range 250-500 um were picked and analysed on a KIEL IV
device coupled to a Delta V Isotope Ratio Mass Spectrometer (IRMS) at the CSIR-National
Institute of Oceanography, Goa, India. The KIEL IV carbonate device (Figure 2.6) uses the

principle of individual acid baths. Wherein the storage, transfer and chemical reaction of
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phosphoric acid occurs at 70 °C and is operated under full temperature control. Carbon
dioxide is evolved in septum-free vials and is transferred into a cryogenic trapping system.
The trapping system consists of two LN traps, two pneumatic valves, an expansion volume
and a vacuum gauge. The first trap quantitatively cleans the CO. by removing non-
condensable gases (e.g. Oz, N2), H2O produced during the carbonate-phosphoric acid
reaction, and traces of water present in the nominally anhydrous phosphoric acid (104% of
H3PO4 = 0.25 mol H2O/L H3POg4). During the acid reaction, all COz gas is introduced into
the first trap at -190°C. Carbon dioxide is then transferred into the second trap
(microvolume) where it is trapped at -190°C, leaving all of the water in the first trap. The
microvolume is connected to the IRMS by a capillary and focuses the evolved CO, sample
gas for 8°C and 80 measurement. The overall precision for samples > 20 pg is = 0.04 %o
for 513C and + 0.08 %o for 50 (10). Calibration to the VPDB standard was performed by

repeated measurements of international reference standards NBS-19 and Carrara marble.

Figure 2.6: Photograph of KIEL IV carbonate device coupled to a Delta V Isotope Ratio Mass Spectrometer
(IRMS) at CSIR-National Institute of Oceanography, Goa, India. The instrument was utilised for carbon and

oxygen isotope analysis of benthic foraminiferal shells.
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2.3.6 Boron/calcium analysis

For boron/calcium analysis of benthic foraminifera, a minimum of 7 shells of C.
wuellerstorfi in the size range of 250-500 um were picked. These foraminiferal shells were
than partially crushed using two glass slides and transferred to 0.5 ml vials. Clean glass
slides and acid cleaned vials were used inorder to avoid contamination. The partialy crushed
samples were cleaned by standard oxidative and reductive cleaning protocols and clay
particles, organic matter, oxides and adsorbed contaminants were removed (Boyle and
Keigwin, 1985, as outlined in Rosenthal et al., 1997). Crushed and cleaned foraminiferal
samples were than dissolved in ultrapure 0.065 N HNO3z and the analysis were carried out
on Sector-field inductively coupled mass spectrometer (Thermo Scientific Element XR) at
Rutgers University. Anhydrous ammonia gas was injected into a high purity quartz cyclonic
spray chamber and the pH of injected sample was raised to > 9.14, NBS scale, inorder to
improve the washout efficiency and reduce boron memory effect between samples. The
injected anhydrous ammonia gas reactes with boric acid and converts it to soluble
ammonium borate, and it is easily removed during washout (Al-Ammaret et al., 2000).
Typical B blank levels are-0.15 ppb (< 2 % of [B] of foraminifera samples) and remain stable
(= 1 %) throughout an analytical run (Babila et al., 2014).

Contamination was identified by measuring Al/Ca, Fe/Ca and Mn/Ca ratios and their
covariance with B/Ca ratios was checked for all samples. The clay and silicate contamination
was monitored by measuring the Al/Ca and contamination from Mn-Fe oxide coatings was
checked by measuring Fe/Ca and Mn/Ca. The values of Al/Ca should be within 100
pmol/mol (Rae et al., 2011). In this study Al/Ca ratios obtained for maximum (43) samples
were below 100 pmol/mol and for rest of the (7) samples exceeded 100 pmol/mol but no
covariance of Al/Ca with B/Ca ratios was seen (Figure 2.7a, 2.8a and 2.9a). The
contamination from Mn-Fe oxide coatings was checked by measuring Fe/Ca and Mn/Ca
ratios and their values should also not exceed 100 pmol/mol and 1000umol/mol respectively
(Barker et al., 2003). The Fe/Ca ratios in my samples varied from 28-80 pmol/mol and did
not exceed the 100 umol/mol. The Fe/Ca ratios did not show any covariance with the B/Ca
ratios hence concluding an effective cleaning of foraminiferal shells (Figure 2.9¢). Mn/Ca
ratios were well below 1000 pmol/mol and showed a negative covariance (Figure 2.7b, 2.8b

and 2.9b) with the B/Ca ratios which again indicate efficient cleaning of shells.
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Figure 2.7: Graph showing the variance of a) Al/Ca v/s B/Ca and b) Mn/Ca v/s B/Ca obtained from analysis
of benthic foraminifera shells in core SK-129/CR-02 on sector-field inductively coupled mass spectrometer

(Thermo Scientific Element XR) at Rutgers University (See section 2.3.6) and the ratios are expressed in

pmol/mol units.
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Figure 2.8: Graph showing the variance of a) Al/Ca v/s B/Ca and b) Mn/Ca v/s B/Ca obtained from analysis
of benthic foraminifera shells in core SK-129/CR-05 on sector-field inductively coupled mass spectrometer

(Thermo Scientific Element XR) at Rutgers University (See section 2.3.6) and the ratios are expressed in

pmol/mol units.
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Figure 2.9: Graph showing the variance of a) Al/Ca v/s B/Ca, b) Mn/Ca v/s B/Ca and c) Fe/Ca v/s B/Ca
obtained from analysis of benthic foraminifera shells in core AAS-9/21 on sector-field inductively coupled
mass spectrometer (Thermo Scientific Element XR) at Rutgers University (See section 2.3.6) and the ratios

are expressed in pmol/mol units.

2.3.7 Conversion of B/Ca ratios to [CO3%]
The B/Ca ratios obtained from B/Ca analysis of C. Wuellerstorffi shells at Rutgers
University were firstly converted to foraminiferal bottom water carbonate ion saturation (A

[CO3?1) by using the correlation equation given by Yu et al. (2013): -
Y =1.14 (X) + 176.6 --------------=-m-m---- (equation 1)
Wherein,
Y is the B/Ca ratio obtained from B/Ca analysis
X is bottom water carbonate ion saturation (A[CO3?7])

Bottom water carbonate ion saturation (A[CO3?7) is the measure of the tendency for calcite
to dissolve (Broecker and Peng, 1982). It is the difference between calcite saturation
concentration ([CO3%] sa) and in-situ carbonate ion concentration ([CO3?7 in-situ) of ambient
water and is given by the formula: A[CO3%] =[CO3%] sat - [CO327 insitu.

The down core [CO3%] was calculated by using the equation: -

[COSZ_] in situ = A[COSZ_] + [COSZ_] gat================- (equation 2)
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Wherein,
A[COs%] was calculated from equation 1,

Calcite saturation concentration ([COs%] sa)) was calculated using the CO2sys.xls (Ver. 12)
programme wherein the required parameters such total alkalinity, total anthropogenic
carbondioxide, nutrients, including phosphate (POs), silicate (SiOs), Bottom Water
Temperature (BWT) and salinity (S) of nearby station at the depth of core site was taken
from the Global Ocean Data Analysis Project (GLODAP) (Key et al., 2004). The constants
used in programme are Ky and Ko—Millero (2010), KSO4 — Dickson (1990), B & Chlorinity
- Leeet. al. (2010) and pH in Total Scale. The down core in-situ carbonate ion concentrations

([COs?7insitu) Was obtained from the above equation 2 which was then plotted against age.
2.3.8 Planktic foraminifera shell weights

The coarse fraction of the processed sample was taken and sieved using a sieve size
of 300-355 um. After sieving the coarse fraction was taken and spread on metal trays and
mounted on a Stereo Trinocular Microscope and around 50 G. ruber shells were identified
and picked by using a fine brush. Any shells broken during the cleaning process were
discarded and intact clean and clay-free shells were picked. The picked shells were then
counted and transferred into 0.2 ml microcentrifuge vials and stored separately. This
procedure was repeated for all the samples. The foraminiferal shells were then transferred
to a thimble and weighed on a Sartorius microbalance (16 Precision: + 1jug, n = 10) and this
process was repeated for all the samples. The average foraminiferal shell weight for each

sample was calculated.
2.3.9 Elemental analysis

Teflon beakers were soaked overnight in 2 N HCI and washed with distilled water
and dried. Finely powdered 0.05 g of sediment was then transferred in Teflon beakers and
10 ml of 7:3:1 mixture of suprapure acids, HF: HNOs: HCIO4 was added and digested at
130° C on a hot plate for one hour. Again, 5 ml of HF: HNO3: HCIO4 acid mixture was
added and kept on hot plate till a solid lump was obtained. The solid lump was then dissolved
in 4 ml of diluted 1:1 HNOs using Milli-Q water. The solution was then cooled and
transferred to 100 ml volumetric flask, after filtering 1 ml of 1 ppm rhodium solution was
added to it and finally it was diluted to 100 ml with ultrapure water and made up to the mark.

The standard reference material MAG-1 and SGR-1were used to determine accuracy of the
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analysis. The standard and the blank sample was also prepared along with the sediment
sample by following a similar procedure. These samples were than analysed for trace
elements on an Inductively Coupled Plasma-Mass Spectrometer (Thermo X Series 2) at
CSIR- National Institute of Oceanography, Goa. The accuracy based on the standard
reference material and the precession of data depending on duplicate analysis was better
than + 6 %.
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Chapter 3

3. RESULTS

3.1 Radiocarbon ages and Sedimentation Accumulation Rates

Radiocarbon ages for sediment cores SK-129/CR-05 and AAS-9/21 are provided in
Table 3.1. Ages for the sediment intervals between the radiocarbon dated sections were
calculated by linear interpolation wherein the sedimentation accumulation rate between two
dated intervals is assumed to be constant. Calendar ages obtained from radiocarbon analysis
of both the cores increases monotonically with depth of the core hence precluding the
probability of sediment slumping and mixing. It is clear from the table that the core top of
AAS-9/21 is preserved to a greater extent than that of SK-129/CR-05. Hence the Holocene
period seems unscathed in core AAS-9/21. The recent sedimentation record of core SK-
129/CR-05 upto~2374 yr has been wiped out either due to loss of core-top during sampling
or by natural abrasion of younger sediments by bottom water currents (Banakar et al., 1991).
However, since only upto~2374 yr sediment is missing, the major portion of the Holocene
period is intact, which is why the Last Glacial Maximum (LGM) and Holocene climatology
can be compared well in this core.
Table 3.1: AMS Radiocarbon ages for core AAS-9/21

Sr. AAS-9/21 14C age (yr Calibrated Species used Sedimentation
No. | sample interval BP) age (yr BP) accumulation rate
(cm) (cm/kyr)
1 0-3 850+25 512 +9 G. ruber 5.4
2 53-56 9540480 10343+326 G. ruber 13.4
3 *96-99 *12301+33 *13546+243 G. ruber, G. 14.2
sacculifer
4 110-113 12770180 14529+326 G. ruber 9.9
5 *116-119 *13326+36 *15133+286 G. ruber, G. 8.6
sacculifer
6 *136-139 *14953+39 *17472+305 G. ruber, G. 8
sacculifer
7 148-151 16070+115 18965+240 G. ruber 10.8
8 213-216 21290+180 249804458 G. ruber

(Radiocarbon dates for AAS-9/21 core are adopted from Govil and Naidu, 2010 except for * marked additional
dates analysed for this study)
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Table 3.2: AMS Radiocarbon ages for core SK-129/CR-05

Sr. | SK-129/CR- | *Cage (yr | Calibrated Species used Sedimentation
No. 05 BP) age (yr BP) accumulation
sample rate
interval (cm) (cm/kyr)
1 0-4 2743125 2374+194 G. sacculifer 57
2 22-24 624029 6599+173 G. sacculifer 3.2
3 46-48 12598+39 14006167 G. sacculifer 3.6
4 62-64 15654+49 18441+274 G. sacculifer, G.ruber 5.9
5 70-72 16910462 19823+278 G. sacculifer, G.ruber, 11.4
N. dutertrei
6 86-88 18042459 212234293 G. sacculifer, G.ruber 2.4
7 98-100 22434+66 26152+229 G. sacculifer, G.ruber

The age versus depth graph and sedimentation accumulation rates for the studied
cores AAS-9/21, SK-129/CR-05 and SK-129/CR-02 are shown in Figure 3.1a, b and ¢
respectively. The average sedimentation accumulation rate of core AAS-9/21 during
Holocene is 9.5 cm/kyr, during the deglaciation is 12.7 cm/kyr and during the LGM is 8.3
cm/kyr. Whereas, the average sedimentation accumulation rate obtained for core SK-
129/CR-05 during Holocene is 4.5 cm/kyr, during the deglaciation is 3.6 cm/ky and during
the LGM is 6.5 cm/kyr. Highest sedimentation accumulation rate of 14.2 cm/kyr was
observed in core AAS-9/21 during deglaciation whereas SK-129/CR-05 exhibited highest
sedimentation accumulation rate of 11.4 cm/kyr during the LGM.

Sedimentation accumulation rates for core SK-129/CR-02 were calculated from
radiocarbon dates taken from Piotrowski et al., 2009. The sedimentation accumulation rate
in this core varies between 1.2 to 6.6 cm/kyr, which is much lower as compared to the other
two cores used in the study. The average sedimentation accumulation rate in this core during
the Holocene is 2.5 cm/kyr, during the deglaciation is 3.3 cm/kyr and during the LGM is 1.9
cm/kyr. The average sedimentation accumulation rate during the Holocene and deglaciation
is almost similar, but showed a decrease of 0.8 cm/kyr during the LGM. However, highest
sedimentation accumulation rate in this core was seen to be 6.6 cm/kyr during the
deglaciation. Overall, core AAS-9/21 showed higher sedimentation accumulation rates as
compared to SK-129/CR-05 followed by SK-129/CR-02 for last 25 kyr.
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Figure 3.1: Age versus depth profile and sedimentation accumulation rates for cores a) AAS-9/21, b) SK-

129/CR-05 and c) SK-129/CR-02. Grey band in the figure indicates the deglaciation period.
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3.2 Physical properties of planktic and benthic foraminifera

3.2.1 Benthic Foraminifera Number (BFN) in Core SK-129/CR-05

Benthic foraminifera number (BFN) was counted only for one core, SK-129/CR-05,
as it had sufficient number of benthic tests. The core SK-129/CR-02 lies below the
Foraminiferal Lysocline and shows considerable amount of dissolution of foraminiferal
shells. Moreover, the coarse fraction of both the cores, SK-129/CR-02 and AAS-9/21, was
extensively used inprevious studies. Benthic foraminifera number varies from 9 - 324 per
gm dry sediment weight (Figure 3.2). It is observed to be low at the initiation of LGM and
remains low till~21.5 kyr after which a sudden increase is seen which reaches to maximum
of 324 per gm dry sediment weight at~20 kyr. Sudden rise in BFN is immediately followed
by a gradual decrease till 15 kyr. A gradual decrease in BFN is also noticed through the
deglaciation showing a prominent lowering trend except for a slight increase at 14 kyr.
Although minor variations can be seen in the Holocene, BFN remains stable and reaches to

a minimum of 9 per gm dry sediment weight at~2 kyr.
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Figure 3.2: Variation in BFN per gm dry sediment weight (represented by grey line) in core SK-129/CR-05
for last 25 kyr. Black line indicates 3-point running average. Grey bands in the figure indicate Heinrich Stadial

1(HS1) and Younger Dryas (YD) and the white band indicates the Bglling-Allerad (BA). The Last Glacial
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3.2.2 Shell weights of planktic foraminifera in Core SK-129/CR-05

Shell weights of G. ruber in core SK-129/CR-05 varies from 14.1- 20.4 pg from the
LGM to the Holocene (Figure 3.3). Low shell weights are observed during the LGM with
average shell weight of 17.8 pg. From there on an increasing trend in shell weights is seen
from LGM to deglaciation. Higher shell weights were recorded for entire period of
deglaciation which depicts better shell preservation at that time. A prominent peak in shell
weight is seen with a shell weight of 20.4 pg observed at~16.2 kyr. Overall, the deglacial
period shows an average shell weight of 19.4 pg and is~2 pg higher than the LGM. The
values further decrease during the Holocene and reach a minimum of 14.1 ug at~4.9 kyr.
The average shell weight during Holocene is 16.7 pg which is 3 pug lower as compared to
the deglacial period.
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Figure 3.3: Variation in shell weight of G. ruber from core SK-129/CR-05 for last 25 kyr. Grey bands indicate
Heinrich Stadial 1 (HS1) and Younger Dryas (YD) and the white band indicates the Bglling-Allergd (BA).

The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.
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3.2.3 Shell weights of planktic foraminifera in Core SK-129/CR-02

Shell weights in core SK-129/CR-02 vary from 12.1 to 14.6 g for last 25 kyr (Figure
3.4). Higher shell weights are observed in the LGM with an average of 14.2 pg. Shell

weights increase from the onset of glaciation reaching to a highest value of 14.6 pg at~21

kyr and then decrease sharply till~ 18 kyr. Thereafter the shell weights slightly increase

during the deglaciation and remain steady till~14 kyr. Shell weights again show a prominent

low at 13.6 kyr followed by a sharp increase. An increase in shell weights is noticed at~12.5

kyr which remains steady till 10 kyr and they further decrease till 8 kyr through the

Holocene. Overall, the deglaciation recorded an average shell weight of 13 pg and Holocene

recorded an average shell weight of 12.8 pg.
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Figure 3.4: Variation in shell weight of G. ruber from core SK-129/CR-02 for last 25 kyr. Grey bands indicate
Heinrich Stadial 1 (HS1) and Younger Dryas (YD) and the white band indicates the Bglling-Allergd (BA).

The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.
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3.3 Geochemistry of sediments in Core AAS-9/21

The elemental analysis of sediment samples from this core were carried out to assess
the bottom water oxygenation condition at the sediment water interface. In oxic conditions,
Vanadium (V) exists as V*® which is soluble in oxic waters and is reduced and precipitates
out in sub-oxic waters. Elemental ratio of V/Ti (Figure 3.5) in sediment samples of this core
shows rapid high and lows through the entire LGM but the values remain towards higher
side indicating presence of sub-oxic water at core site. The ratio decreases at the onset of
deglaciation followed by a slight increase at~14 kyr which is however lower than glacial
values. Overall, notable lower values are observed during deglaciation indicating incursions
of oxic waters at the site. Lowest V/Ti ratio of 106 is observed in the early Holocene. Later
the values keep gradually increasing throughout the Holocene producing the highest value
of 289 at ~2 kyr in the Late Holocene. However, the gradual increase is interrupted by a

brief drop at ~6 kyr in the mid-Holocene.
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Figure 3.5: Graph showing the variation in V/Ti ratio (represented by grey line) in core AAS- 9/21 for last 25
kyr. Black line indicates 3 point average line. Grey bands in the figure indicate Heinrich Stadial 1(HS1) and
Younger Dryas (YD). White band indicates the Bglling-Allerad (BA). The Last Glacial Maximum (LGM),
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3.4 Chemical properties of benthic foraminifera shell

3.4.1 Carbon isotope ratios in Core AAS-9/21 and SK-129/CR-05

Carbon isotopic ratios (8*3C) in core AAS-9/21 ranges from 0.28 to - 0.28 %o over
last 25 kyr (Figure 3.6). Low values are recorded throughout the LGM which reach to a
minimum of -0.28 %o at~23 kyr. The onset of Heinrich Stadial 1 (HS1) is marked by a sudden
increase in 8*3C reaching a maximum of 0.14 %o at ~16 kyr. Further a rapid decline is seen
throughout the Bglling-Allersd (BA). The Younger Dryas (YD) initially recorded low
values of - 0.1 %o which then subsequently increase by the onset of the Holocene. The §*3C
values recorded during the Holocene vary from 0.04 to 0.28 %o with maximum of 0.28 %o
observed at~8.9 kyr. As can be seen in Figure 3.6, Holocene documented the highest §*3C
values for the entire time period studied, also it shows shift from negative values in the LGM
and YD to positive values in the Holocene. Although minor variations are seen, the §'3C

values remain high throughout the Holocene.
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Figure 3.6: Graph representing variation of 5'C (%) in core AAS-9/21 for last 25 kyr. Grey bands in the figure
indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Bglling-Allerad (BA).

The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.
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The §*3C values in core SK-129/CR-05 ranges from - 0.33 to 0.52 %o for last 25 kyr
(Figure 3.7). Lowest values were recorded in the LGM which range from - 0.33 to -0.14 %o.
At the onset of HS1, !3C values slightly increase which then quickly decline to a minimum
of - 0.25 %o at ~14 kyr in the BA. Thus a prominent lowering in 5!3C values is observed
during the BA. Thereafter a rapid rise in §*3C values of 0.18 %o is seen at~13 kyr in the YD.
The Holocene values vary from - 0.09 to 0.52 %o beginning with an increase from ~11 kyr
to a high of 0.52 %o at ~5 kyr followed by a rapid decline till the Late Holocene. Overall the
313C values in this core show an increasing trend from LGM to Holocene with a

distinguished low during BA.
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Figure 3.7: Graph representing variation of 3!C (%o) in core SK-129/CR-05 for the last 25 kyr. Grey bands in
the figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Balling-
Allergd (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.

63



3.4.2 Oxygen isotope ratios in Core AAS-9/21and SK-129/CR-05

Oxygen isotopic ratios (5'80) in core AAS-9/21 vary from 2.1 to 3.7 %o for last 25
kyr (Figure 3.8). The Last Glacial Maximum recorded high values which vary from 3.4 to
3.7 %o. The onset of HS1 is marked by decreasing §'0 which reach to a minimum of 2.8 %o
at~17 kyr and remain steady during late HS1 and early BA. A drop in values is again
observed during BA which is then followed by a gradual increase during late BA. The
Younger Dryas recorded a gradual fall in values from 3.4 to 2.8 %o, which continue till the
Late Holocene. The 880 values during Holocene range from 2.08 to 3.38 %o with the
minimum &80 of 2.1%. observed at 2.2 kyr. Overall a decreasing trend of §'80 values is

observed from LGM to Late Holocene
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Figure 3.8: Graph representing variation of 5180 (%o) in core AAS-9/21 for last 25 kyr. Grey bands in the figure
indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Bglling-Allerad (BA).

The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.
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Oxygen isotope ratios (5'80) in core SK-129/CR05 ranges from 1.79 to 4.14 %o over the last
25 kyr (Figure 3.9). The oxygen isotopic values during the LGM range from 3.87 to 4.08 %o
and remain consistent till the termination of LGM. The 580 values gradually drop during
HS1 followed by a slight rise of 3.76 %o at ~14 kyr in the BA. The YD shows lower 580
values. Overall, the deglacial 5180 range from 3.16 to 4.14 %., with a decreasing trend and
a minor rise during BA. The Holocene recorded the lowest §'80 values which vary from
3.16 t0 1.79 %o. The 580 values during this time gradually decrease from early to mid-
Holocene and increase at~2 kyr in the Late Holocene. Overall, a decreasing trend in 580

values is seen from the LGM to Holocene.
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Figure 3.9: Graph representing variation of 3'80 (%) in core SK-129/CR-05 for the last 25 kyr. Grey bands in
the figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Balling-
Allergd (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are marked on the top axis.
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3.4.3 [COs%] in Core AAS-9/21, Core SK-129/CR-05 and 02

The carbonate ion concentration [CO3%] in core AAS-9/21 ranges from 53 to 91
umol/kg for last 25 kyr (Figure 3.10). Lower [COs%] is seen during the LGM with an average
of 76 pumol/kg and minimum value of 71 pmol/kg at ~18.3 kyr. This is followed by gradual
increase throughout the HS1 reaching to a maximum of ~91 umol/kg during the BA; except
for a slight drop during 15 kyr. The carbonate ion concentration remained high during the
entire HS1 and mid-BA which then sharply decreased during the late-BA. However, average
[CO3?] during the deglaciation was 81 umol/kg, which was higher than the LGM. Overall,
the deglaciation recorded a 5.3 umol/kg rise in [COs>] over the LGM. Lower values are
observed during the YD, which continued to decrease in the early and late Holocene. Lowest
values are seen in the Holocene which vary from 52 to 75 pmol/kg and an overall decreasing
trend is observed except for a prominent increase seen during the mid-Holocene which
reaches a maximum of 75 umol/kg at ~4.8 kyr. This translates to a [CO3?] rise of 8.8

pmol/kg during mid-Holocene.
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Figure 3.10: Graph showing variation in [CO3?] (umol/kg) in core AAS-9/21 for last 25 kyr along with
measurement errors. Grey bands in the figure indicate Heinrich Stadial 1(HS1), Younger Dryas (YD) and mid-
Holocene. White band indicates the Bglling-Allerad (BA). The Last Glacial Maximum (LGM), deglaciation
and Holocene are marked on the top axis.

66



Carbonate ion concentrations [CO3?7 in core SK-129/CR-05 ranges from 76 to 98
umol/kg over the last 25 kyr (Figure 3.11). The [COs?] values are inconsistent during the
LGM and vary between 88 to 94 umol/kg with an average of 88 umol/kg. Further, a very
prominent hike of 98 pumol/kg is observed at~16 kyr during HS1. A considerable gap in
[COs%] data exist between BA to early Holocene which is mainly due to lack of C.
wuellerstorfi shells in sediment. However, a decreasing trend is observed from BA till 7 kyr.
The carbonate ion concentration shows a slight increase during mid-Holocene after which it
decreases to a minimum of 76.3 umol/kg in the Late Holocene. Overall, low [CO3?] values
are seen during the LGM, followed by a rise during the deglaciation and a decreasing trend

in the Holocene.
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Figure 3.11: Graph showing the variation in [CO3*] (umol/kg) in core SK-129/CR-05 for last 30 kyr along
with measurement errors. Grey bands in the figure indicate Heinrich Stadial 1(HS1), Younger Dryas (YD) and
mid-Holocene. White band indicates the Bglling-Allergd (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked on the top axis.
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The reconstructed carbonate ion concentration in core SK-129/CR-02 varies from 80
t0100 pmol/kg over the last 25 kyr (Figure 3.12). The Last Glacial Maximum recorded a
low carbonate ion concentration with average value of 90 umol/kg. At the onset of HS1,
[CO3?] shows a rapid increase leading to a peak of 100 umol/kg at ~15 kyr. Thereafter the
[CO3%] shows a gradual decrease throughout the BA and YD. Altogether the average [COs*
] during the deglaciation is 94 umol/kg. The average [CO3?] for the Holocene is 90 pmol/kg
with a decrease of [COs%] during early Holocene and increase in the mid-Holocene to 96
umol/kg at ~6 kyr. This [COs?] rise accounts for 8.3 pmol/kg increase during the mid-
Holocene. Overall, lower values of [COs%] are seen in the Holocene as compared to the

deglaciation with lowest value of 87 pmol/kg observed at~10 kyr.
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Figure 3.12: Graph showing the variation in [CO3%] (umol/kg) in core SK-129/CR-02 for the last 25 kyr along
with measurement errors. Grey bands in the figure indicate Heinrich Stadial 1(HS1), Younger Dryas (YD) and
mid-Holocene. White band indicates the Bglling-Allergd (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked on the top axis.
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Chapter 4

4. DISCUSSION

4.1 Modern day carbonate ion distribution in the Indian Ocean

The in-situ [CO3?7] in the Eastern Arabian Sea (EAS) was calculated by using the
salinity, temperature, pressure, total alkalinity and total CO. data from the Global Ocean
Data Analysis Project (GLODAP) (Key et al., 2004) using the CO2sys.xls (ver. 2.1) program
(see section 2.3.7). The surface waters of the Indian Ocean show highest [CO3?] reaching
upto~225 umol/kg, mostly because of the photosynthetic activity occurring in surface waters
which increases dissolved oxygen, decreases CO, and increases the carbonate ion content
(see section 1.1). Whereas, the Antarctic surface waters being iron limited, are less
productive due to underutilisation of nutrients by phytoplankton and their [CO3%] decreases
to 100 umol/kg. The Antarctic Intermediate Waters (AAIW) having a carbonate ion content
of 100 umol/kg, similar to that of Antarctic surface waters, are seen to intrude into the
Arabian Sea at intermediate depths, till 10° N (Figure 4.1). Below the surface waters, at~200
m in the Arabian Sea, a low [CO3?] tongue is seen projecting at intermediate depths from
north to south, with [COs%] reaching to~50 umol/kg at its core. The thickness of this low
carbonate ion layer in the Arabian Sea ranges from 200-2500 m water depth at 20°N and
decreases towards the south. The Arabian Sea encompasses a perennial Oxygen Minimum
Zone (OMZ) from a depth of 150-1200 m (Wyrtki, 1973; Naqvi, 1991) wherein the oxygen
concentration reaches to values between 0-0.5 ml/I (Schulte et al., 1999). Oxygen Minimum
Zones are also termed as Carbon Maximum Zones (CMZ) (Paulimer, 2010) wherein due to
excessive productivity in surface waters, organic matter sinks and undergoes decomposition,

consuming oxygen and releasing CO, which further decrease the [CO3?] at mid-depths.

Below a depth of~ 2000 m, better ventilated Circumpolar Deep Water (CDW)
having [CO3?] of~80 umol/kg is seen to be intruding from the south (Figure 4.1). The [CO3?]
in deep Arabian Sea and Indian Ocean is affected by mixing of deep water masses which is
seen in Figure 4.1. The Southern Ocean at a depth of 2000-3800 m clearly shows the
presence of a deep watermass having high [COs*] of ~100 pmol/kg which could be the
North Atlantic Deep Water (NADW) reported to have the highest [CO32] of ~125 pmol/kg
(Broecker and Sutherland, 2000). The Antarctic Bottom Water (AABW) with a lower [CO3?]

of 75 pumol/kg is also seen to be intruding into the Indian Ocean. These two main deep and
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bottom water masses along with the other water masses (see section 2.1.5) enter the Indian
Ocean as 'CDW!', which then upwells in the Arabian Sea and forms the High Salinity Deep
Water (HSDW) with minor contribution from the Red Sea and Persian Gulf water masses
(Shetye et al., 1994; Kumar and Li, 1996) and occupies a depth of 1800 m in the Arabian

Sea (see section 2.1.5).
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Figure 4.1: - Image showing [COs?] distribution profile along a transect from the Arabian Sea to Antarctica
based on GLODAP data (Key et al., 2004). Red circles in profile indicate the three cores used for the study —
AAS-9/21 (water depth = 1800 m), SK-129/CR-05 (water depth = 2300 m) and SK-129/CR-02 (water depth
= 3800 m). Profile is generated using ODV (Schlitzer, 2006). CDW- Circumpolar Deep Water, HSDW- High
Salinity Deep Water, NADW- North Atlantic Deep Water and AAIW —Antarctic Intermediate Water.

4.1.1 Carbonate ion variations in the EAS

The GLODAP stations selected in the EAS range from number 943— 956 and are
distributed between 8.5 to 8.9° N and 70.5 to 75.6° E. Carbonate ion concentrations range
from 67-290 umol/kg (Figure 4.2) and show highest concentration in surface waters,
decreasing with depth till~1000 m and further a slight increase till 4000 m. The higher [CO3?]

of surface waters are mainly due to the activity of the phytoplankton which fix dissolved

70



CO: into organic matter in the presence of sunlight through the process of photosynthesis.
This activity consumes Dissolved Inorganic Carbon (DIC) and Alkalinity (ALK) in a ratio
of 3.58:1 (Yu et al., 2008) thus increasing the carbonate ion content of surface waters. The
carbonate ion concentration in intermediate waters of the Arabian Sea at a depth of 800 m
falls as low as 63 pmol/kg (Figure 4.2), which is due to the prevailing OMZ, wherein the
excessive organic matter exported from increased surface productivity is decomposed,
consuming oxygen and releasing CO, which lowers the [COs?]. At water depths >1500 m,
[CO3%] shows a slight increase and remains constant thereafter which is due to influx of
well-ventilated oxygen-rich deep waters. These deep waters originate from the polar regions
and have a specific concentration of carbonate ion, which only changes due to oxidation of

accumulated organic matter and mixing with other water masses.

In the Indian Ocean, Peterson and Prell, (1985) determined the foraminiferal lysocline
to be at 3800 m by using dissolution proxies such as the percentage of whole planktic
foraminifera, percentage of benthic foraminifera, weight percentage of carbonate and the
percentage of coarse fraction in the sediments. Later Cullen and Prell, (1984) determined
the foraminiferal lysocline to lie at a depth of 3800 m in the equatorial Indian Ocean, 3300
m in the Arabian Sea and 2600 m in the Bay of Bengal (BoB) by studying the changes in
relative abundance of species. Initially, the CCD in the Arabian basin was determined to lie
at 4800 m (Kolla et al., 1976). But later Cullen and Prell, (1984) observed the absence of
whole foraminiferal test below the depth of 4600 m in the eastern equatorial region, 5000 m
in the western equatorial region and 3000 m in the BoB which is considered to be very
similar to the foraminiferal compensation depth in the Indian Ocean. The red line in Figure
4.2 is the calcite saturation curve. In surface waters, calcite saturation is 41pumol/kg but since
the in-situ [CO3?] in surface water is very high and exceeds 280 umol/kg, the surface is said
to be oversaturated with carbonate ion, and calcium carbonate is usually precipitated in
surface waters. As depth increases, carbonate saturation goes on increasing and intersects
the in-situ [COs?] curve at 3300 m, where the in-situ [COs%] is equal to the carbonate ion
saturation (in situ [CO3s?] = [CO3?] saturation) and this depth is referred to as the ‘calcite
saturation horizon’. Above the calcite saturation horizon, calcium carbonate tends to remain

preserved and below which it dissolves.
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Figure 4.2:- Vertical distribution of [CO3%] in the EAS (GLODAP data; Key et al., 2004) and red line shows
the calcite saturation curve. The calcite saturation horizon is depth where, in situ [CO3?] = [CO5?] saturation
(is determined by pressure or water depth). Above the calcite saturation horizon, seawater is saturated with

CaCO; causing preservation of CaCO; and below the calcite saturation horizon seawater is under saturated
with CaCO; causing dissolution of CaCOs.

4.2 Modern day dissolved oxygen distribution in the Indian Ocean

Dissolved oxygen concentration in the northern Indian Ocean varies between 0-300
umol/kg (Figure 4.3). Oxygen concentration in surface waters is seen to be~200 pmol/kg in
the Arabian Sea. High dissolved oxygen content is attributed to the photosynthetic activity
of phytoplankton which captures carbon for synthesis of organic matter and release oxygen
in the ambient water, thus increasing oxygen content of waters up to a depth of 150 m. Below

this depth, from~200 m to 1500 m, an intense OMZ is observed where the oxygen levels go
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down to <1 umol/kg. An intense OMZ is observed towards the head of the Arabian Sea
mainly due to the increased primary production and export of organic matter to intermediate
waters, which utilises oxygen from the water column and undergoes degradation, releasing
COo». The sluggish intermediate water ventilation also contributes to the intense OMZ of the
Arabian Sea. The intensity of the Arabian Sea OMZ is seen to decreases towards the equator,
however, comparatively low oxygenated waters can be seen upto 5° S. Further, oxygenated
intermediate waters with oxygen concentration ranging from 100-150 umol/kg are also seen

to intrude into the Arabian Sea, however, this water is seen to penetrate only till 8° N.

Depth [m]

Figure 4.3:- Image showing dissolved oxygen distribution profile from the Arabian Sea to Antarctica based on
GLODAP data (Key et al., 2004). Red circles in profile indicate the three cores used for the study AAS-9/21
(water depth = 1800 m), SK-129/CR-05 (water depth = 2300 m) and SK-129/CR-02 (water depth = 3800 m).
Profile is generated using ODV (Schlitzer, 2006). CDW- Circumpolar Deep Water, HSDW- High Salinity
Deep Water, NADW- North Atlantic Deep Water and AAIW —Antarctic Intermediate Water.

Below the depth of 1500 m, well-ventilated waters can be seen with oxygen
concentration ranging from 100-150 pumol/kg. These well-ventilated waters are the cold,

high saline and oxygen rich, originating from the polar region, which are referred to as the
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Upper Circumpolar Deep Water (UCDW) and mainly consist of NADW (see section 2.1.5).
Below these waters lies the Lower Circumpolar Deep Water (LCDW) which are mainly
formed from the mixture of extremely oxygenated water arising from the Antarctic region,
the AABW which are the densest with oxygen concentration of these waters ranging from
200-250 pmol/kg. Both UCDW and the LCDW together enter the Arabian Sea as the deep

western boundary current (see section 2.1.5).

4.2.1 Dissolved oxygen concentration in the EAS

The GLODAP stations selected for plotting the dissolved oxygen profile range from
station number 943- 956 and are distributed between 8.5 to 8.9° N and 70.5 to 75.6° E (Key
et al., 2004), the same as those used for calculation of [CO3?7]. As can be seen in Figure 4.4,
the dissolved oxygen concentrations of the surface waters are high and range from 50-250
umol/kg. High dissolved oxygen concentration in surface waters mostly result from the
photosynthetic activity of the phytoplankton which utilises CO> in the presence of sunlight
and liberates oxygen. The Oxygen Minimum Zone is clearly seen from a depth of 200-1200
m wherein the oxygen concentrations drop to < 25 umol/kg in the EAS. This is caused due
to intensive oxidation of exported organic matter from increased surface productivity to
intermediate depths, which consumes mid-depth oxygen. However, the west coast of India
experiences an intense OMZ between 20° N to 14° N and its intensity keeps decreasing from
north towards the south with oxygen concentration reaching to 5.4 umol/kg at 18° N and
19.6 pmol/kg at 6.1° N (Goswami et al., 2012).

Below a depth of 1200 m, the oxygen concentration goes on increasing till a depth
of 3500 m and further remains constant till a depth of 4000 m. However, the dissolved
oxygen in deep-waters range from 100-150 pumol/kg which is due to the inflow of CDW
with low temperature, high salinity and denser water having higher capacity to dissolve
gasses thus giving rise to well oxygenated waters flowing in the Arabian Sea through the

passage in Chagos-Laccadive Ridge (see section 2.1.5 and Figure 2.3).
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Figure 4.4:- Vertical distribution of dissolved oxygen in the EAS and grey box shows the Oxygen Minimum
Zone (OMZ). Above graph is obtained using the GLODAP data (Key et al., 2004).

4.2.2 Relationship between [COs*] and dissolved oxygen

The carbonate ion content in deep waters are mainly controlled by dissolution/
precipitation of calcium carbonate in ambient waters, changes in alkalinity, mixing of deep
waters and organic carbon remineralisation (see section 1.1). On the other hand, the
dissolved oxygen content in deep waters is mostly controlled by temperature, as affinity of
gases to dissolve in water increases with decreasing water temperature, ventilation of the
deep water masses and export production from surface waters. Although carbonate ion and
the oxygen content in water column are controlled by different parameters, the organic
carbon remineralisation seems to be a common factor affecting both the parameters. The
carbon dioxide gas evolved from organic matter degradation is seen to decrease the

carbonate ion content in seawater. Thus a clear inverse relationship exists between CO;and
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[CO3?] in seawater (Hoegh-Guldberg et al., 2007). Such relationship between [CO3%] and
oxygen has not been studied in deep waters. Thus | have investigated the relationship
between [COs?] and oxygen in deep waters (>1500 m) of the south eastern Arabian Sea.
The profile obtained for [COs?] (Figure 4.2) and dissolved oxygen concentration (Figure
4.3) shows similarities in surface and deep waters. In surface waters, the concentration of
both parameters showed increase mainly due to the photosynthetic activity of phytoplankton
which increased oxygen in surface layers and consumed carbon dioxide thus increasing the

[CO3?7 in the surface waters.

At mid-depths (200-1200 m) the dissolved oxygen decreased to < 25 umol/kg and
the [COs%] also decreases to a minimum value of 63 pmol/kg. The carbonate ion
concentration decreases at intermediate depths till 500 m depth but remained constant at
>500 m depth, whereas dissolved oxygen showed depletion till 1200 m depth. This is
because of the organic carbon remineralisation at 200-1200 m depth which can result in
shallowing of the Aragonite Compensation Depth (ACD) in the Arabian Sea, which
promotes calcium carbonate dissolution. Several studies have observed the dissolution of
calcium carbonate shells in the OMZ (Calvert et al., 1995; Singh, 1998; Singh et al., 2006;
Sing et al., 2007; Naidu et al., 2014; Naik et al., 2014). Dissolution of calcium carbonate
shells releases carbonate ion back to ambient waters. Hence the carbonate ion concentration

is not severely depleted in the OMZ.

Below the OMZ, oxygen concentration starts to increase and a slight [COs?] increase
is also seen. This can be attributed to the presence of deep water masses from polar regions.
Thus the oxygen and [COs*] of seawater at depths greater than 1500 m shows a positive

correlation with each other (Figure 4.5).
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Figure 4.5:- Scatter plot showing a positive relationship between [CO;%7 and dissolved oxygen in deep waters,
>1500 m depth of the south eastern Arabian Sea using GLODAP data (Key et al., 2004).

4.3 Sedimentation accumulation rates in sediment cores from the EAS

The sedimentation accumulation rate can be referred to as the amount of sediments
getting deposited in an unit area in unit time and expressed in cm/kyr. Sedimentation
accumulation rate is an important parameter as the sediments are the basic source of
information which tell us about the depositional and post depositional changes occurring at
the core location. The sedimentation is widely affected by a number of parameters such as
climate i.e. monsoons, bottom topography, distance from the river mouth and water depth.
Also the turbidity currents and dissolution in marine environment affects the sedimentation

accumulation rates after deposition of sediments.

The sedimentation accumulation rates in all the three sediment cores (Figure 3.1 of
results section) vary with water depth. The shallowest sediment core AAS-9/21 retrieved
from a depth of 1800 m showed higher sedimentation accumulation rate (5.4-14.2 cm/kyr)
than core SK-129/CR-05 retrieved from a depth of 2300 m (2.4-11.42 cm/kyr) and core SK-
129/CR-02 retrieved from a depth of 3800 m (1.2-6.6 cm/kyr). The sedimentation

accumulation rates in the three cores show significant changes from the LGM to the
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Holocene. The average sedimentation accumulation rate in core AAS-9/21 during the LGM
is similar to the Holocene, whereas average sedimentation accumulation rate in core SK-
129/CR-05 was higher during the LGM than the Holocene. On contrary core SK-129/CR-
02 recorded low average sedimentation accumulation rate during the LGM than the

Holocene.

Core AAS-9/21 exhibited a similar average sedimentation accumulation rate during
the Holocene and LGM. Such similarity in average sedimentation accumulation rate during
the LGM and the Holocene is also observed by Singh et al., (2017) by compiling
sedimentation accumulation rates of 58 cores from the EAS. Such a sedimentation pattern
is attributed to deepening of surface mixed layers due to a stronger winter monsoon leading
to enhanced primary productivity, thus increasing the biogenic flux during the LGM (Singh
et al., 2017). Core SK-129/CR-05 showed higher average sedimentation accumulation rate
during the LGM than the Holocene, probably due to higher Terrigenous Sediment Discharge
(TSD) (Pattan et al., 2005). Higher bulk Al concentrations (average 4.51 + 0.47%) and
Marine Accumulation Rates (MAR) (average 0.105 g/cm?/kyr) were observed in core SK-
129/CR-05 during the glacial by Pattan et al. (2005). This was mainly attributed to the low
sea level, erosion of exposed shelf and suspended load from the river directly getting
discharged into the deep sea. This could have probably given rise to high sedimentation rate
of 11.4 cm/kyr between the time interval 21.2-19.8 kyr. For the rest of the time, the

sedimentation rate does not show significant changes and varies between 3-6 cm/kyr.

The sedimentation accumulation rate in core SK-129/CR-02 varied from 1.2 to 3.5
cm/kyr from the LGM to the Holocene with a considerable increase in sedimentation
accumulation rate of 6.6 cm/kyr seen between 16-17 kyr during the deglaciation. Similarly,
remarkably high sedimentation accumulation rate in core AAS-9/21 during the deglaciation
is also very prominently observed all along the east coast of India (Singh et al., 2017), which
is attributed towards the rising sea level at that time. During the LGM the sea level was 120
m lower and the modern day shelf was exposed, the rivers flowing into the west coast of
India would drain into the EAS, far to the west, draining the sediments in deeper regions as
concluded from the incised valleys and paleo channels (Raju et al., 1991). Later, as the sea
level began to rise during the deglaciation, the rivers discharged sediments to shallower
depths, thus increasing the sedimentation accumulation rates. However, the sedimentation
accumulation rate during the deglaciation in core SK-129/CR-05 is seen to be lower,

probably due to decreased TSD as observed by Pattan et al. (2005).
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The sedimentation accumulation rate in core SK-129/CR-02 during the LGM is seen
to be lower than the Holocene, which could have been due to the stronger southwest
monsoon during the Holocene which increased runoff as well as productivity, thus leading
to higher sedimentation accumulation rates in the Holocene (Shimmield, 1992; Reichart et
al., 1997; Schnetger et al., 2000). Also the sedimentation accumulation rate in core SK-
129/CR-05 slightly increased during the Late Holocene which is again due to the increased
intensity of southwest monsoon and associated productivity hike observed by Pattan et al.
(2003). Whereas, the sedimentation accumulation rate in the shallower core, AAS-9/21, is
seen to be decreased during the Holocene in comparison to the deglaciation, which could
have been due to the increased sea level and discharge of sediments brought by the rivers

into the continental shelf.

4.4 Last Glacial Maximum to Holocene changes in deep-water circulation and

temperature using carbon and oxygen isotope ratios

Carbon and oxygen isotope ratios of foraminiferal test are exclusively used for
tracing past changes in ocean circulation, air-sea exchange, global carbon cycle and tracing
water masses in the oceans. Every water mass has a unique 8*3C signature, which is acquired
during its formation for eg. thermohaline circulation begins with the formation of NADW
formed from warm surface waters brought by the Gulf Stream. These waters loose heat and
moisture to the atmosphere, gain density and sink to greater depths, forming the NADW.
The NADW has distinctive properties of low nutrients, highest [COs?] ¢ 125 pmol/kg)
(Broecker and Sutherland, 2000) and highest §*C (1.1 %o) (Raymo et al., 2004), whereas,
deep waters emerging from the Weddell Sea have a *C of 0.2 to 0.4 %o and low nutrients
(Mackensen et al., 2001) and CDW has a §*3C of 0.4 %o (Charles and Fairbanks, 1992; You,
2000). High §!3C values in NADW is mainly due to the high productivity, wherein
phytoplankton in the euphotic zone use sunlight, nutrients and aqueous CO- from seawater
and fix lighter carbon (*2C) in organic matter (see section 1.4.5) which makes the surface
water rich in heavier carbon (*3C). These waters after gaining appropriate density, sink to
deeper depths forming the NADW with high §*3C and low nutrients. The low §'3C values in
southern sourced water is the result of low productivity, evident from the high nutrient
content, especially PO4, which is the limiting nutrient and has high values of 1.95 umol/kg
(Broecker et al., 1995) in surface waters due to underutilization of nutrients. In low
productivity condition, the lighter carbon remains in the surface waters instead of getting

fixed in organic carbon and dilutes the §!3C of surface waters. These waters due to freezing
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and brine rejections give rise to high density waters that sink to the bottom of the oceans
with high underutilized nutrients and low §'3C values. Thus the deeper water masses can be
identified based on their temperature and salinity and can be traced using its 5!*C signature.
At the deeper depths in the water column the organic carbon/ organic matter arriving from
the euphotic zone undergoes microbial decomposition, which utilizes oxygen and releases
CO (rich in *2C) and nutrients. The §*3C values of deep water masses are affected more
when the thermohaline circulation slows down, which endures enhanced carbon respiration.
Hence 5'3C values do not only track the circulation but can also virtually determine the
oxygen, CO; and nutrient contents of deep water masses. Along with the productivity and
oxidation of organic carbon, the 5'3C of deep waters are also affected by mixing waters
masses having different §'C values (can be seen in Figure 4.6). Also, different transport
pathways of deep waters contribute to changes in §'3C (Wilson et al., 2015). The above
properties make 6*3C areliable tool to determine changes in circulation, ventilation of deeper
oceans and changes in atmospheric CO, content on glacial to interglacial time scale.
Numerous studies based on benthic foraminiferal carbon and oxygen isotopic variation in
intermediate and deep waters on glacial to interglacial timescales have been carried out in
the Indian Ocean. Most of these are located in the BoB (Kallel et al., 1988; Naqvi et al.,
1994; Ahmad, 1995; Ahmad et al., 2008; Raza and Ahmad 2013; Raza et al., 2014; Ma et
al., 2019; Ma et al., 2020), and in the south and equatorial Indian Ocean (Martison et al.,
1987; Boersma and Mikkelsen 1990; Waelbroeck et al., 2006; Yu et al., 2010; Romahn et
al., 2014) which suggest changes to the intermediate and deep water circulation in the Indian

Ocean.

In comparison, similar studies in the Arabian Sea are few (Zahn and Pedersen, 1991,
Hermelin and Schmiedl, 1995; Sirocko et al., 2000; Schmiedl and Mackensen, 2006; Gupta
et al., 2008; Jung et al., 2009; Gupta et al., 2011; Ma et al., 2020). Amongst these, some
sediment cores have poor age constraints, and/or with coarse resolution and/or limited to the
Holocene and/or involving the use of mixed benthic foraminifera other than Cibicidoides
Waullerstorfi which is considered to produce isotopic values in equilibrium with seawater
(Zhan et al.,, 1986). Besides these difficulties, there are a few well dated/high
resolution/longer records which focus on deep water oxygenation changes (Schmiedl and
Mackensen, 2006) and monsoon intensity in combination with other proxies (Gupta et al.,
2008; Gupta et al., 2011).
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Figure 4.6:- Image showing §'°C distribution profile along a transect from the Arabian Sea to Antarctica based
on GEOSECS data (Key et al., 2004). Red circles in profile indicate the three cores used for the study AAS-
9/21 (water depth = 1800 m), SK-129/CR-05 (water depth = 2300 m) and SK-129/CR-02 (water depth = 3800
m). Profile is generated using ODV (Schlitzer, 2006). CDW- Circumpolar Deep Water and HSDW- High
Salinity Deep Water.

The scarcity of §*3C records in intermediate and deep waters of the Arabian Sea has
led to diminished understanding of biogeochemical cycling of carbon and circulation

changes on glacial to interglacial timescales.

Carbon isotope ratios (5'°C) from C. wuellerstorfi in cores AAS-9/21 and SK-
129/CR-05 shows an increase over the last glacial-interglacial transition by~0.56 %o and
0.85 %o respectively (Figure 4.7). These values are slightly higher than the documented mean
whole ocean glacial-interglacial $*3C increase of ~0.46 %o (Curry et al., 1988), but are very
much similar to values obtained from a nearby core, SK-129/CR-02, showing a change of ~
0.7 %o (Piotrowski et al., 2009), a core from the southwest Indian Ocean showing a change
of ~ 0.97 %o (Yu et al., 2010) and BoB cores recording change of ~0.66 %o, ~ 0.7 %o,~ 0.9
%0 and ~ 0.74 %o (Ahmad et al., 2008; Raza and Ahmad, 2013; Raza et al., 2014). Such

values arise due to glacial §3C depletion with values reaching to -0.28 %o and -0.33 %o in
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cores AAS-9/21 and SK-129/CR-05 respectively and point towards glacial to interglacial

changes in circulation.

Glacial 8*3C values observed in both the cores are similar and at par with SK-
129/CR-02 glacial values. Due to scarcity of benthic foraminiferal studies in intermediate
waters of the southeastern Arabian Sea, glacial 5*3C values of both the cores are compared
with the ODP Hole 117-724C retrieved from a depth of 603 m, from intermediate waters of
the Western Arabian Sea. Glacial values of ODP Hole 117-724C (0.39%0) (Zhan and
Pedersen, 1991) were found to be very high as compared to that of core AAS-9/21 and SK-
129/CR-05. Such high values in intermediate waters and depletion in deep waters indicates
the presence of stratified and isolated deep glacial water mass. Similar stratification between
intermediate and deep waters was also reported by Kallel et al. (1988) and Naqvi et al.
(1994) in the Arabian Sea and BoB respectively. Although there existed a strong §°C
gradient between intermediate and deep waters, the similarity and tight coupling between
513C values of AAS-9/21 and SK-129/CR-02 at depths of ~ 1800 m and ~ 4000 m during
the LGM, suggests poor ventilation below the depth of 1800 m. This could probably be due
to the fact that during the LGM, the RSW and PGW sources were closed and so the only
source was the southern sourced waters for all the three cores. Numerous studies have
recorded weakened Atlantic Meridional Ocean Circulation (AMOC) during the LGM due
to decreased production and shoaling of NADW (Elliot et al., 2002, Marchitto and Broecker,
2006; Negre et al., 2010; Menviel et al., 2017). These changes in circulation were not only
limited to the Atlantic Ocean but were also detected in the Pacific (Bostock et al., 2004) and
Indian Ocean (Piotrowski et al., 2009; Ahmad et al., 2008; Raza and Ahmad, 2013; Raza et
al., 2014; Naik et al., 2019; Ma et al., 2019).

The Last Glacial Maximum to Holocene variations in 8'0 suggests evolution of
cooler to warmer bottom water temperatures in both the cores, AAS-9/21 and SK-129/CR-
05. The SK-129/CR-05 50 shift over the LGM to Holocene exceeds ice-volume effect by
0.4 %o and 0.7 %o respectively (Figure 4.8), indicating bottom water cooling of ~ 2° C
(Epstein et al., 1963) during the LGM.
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Figure 4.7:- Graph showing 8'3C variations in epifaunal benthic foraminifera C. wuellerstorfi from cores AAS-
9/21 (water depth = 1800 m, blue line), SK-129/CR-05 (water depth = 2300 m, red line) and SK-129/CR-02
(Piotrowski et al., 2009, water depth = 3800 m, green line). Grey bands in the figure indicate the Heinrich
Stadial 1 (HS1) and Younger Dryas (YD). White band indicates the Bglling-Allerad (BA). The Last Glacial
Maximum (LGM), deglaciation and the Holocene are marked with arrows on the top axis. Vertical arrows

indicate marked increase/decrease from normal values (see text for explanation).

Bottom-water cooling may have been caused due to circulation changes which occurred
during the LGM. Further, cooling of bottom water can be expected due to shift in source of
water reaching the core site from 6*3C enriched NADW to cooler and 6**C depleted Southern
Ocean Deep Waters (SODW), as the production of NADW reduced during the LGM (Elliot
et al., 2002; Marchitto and Broecker, 2006; Negre et al., 2010). Pulses of aged and *C
depleted waters (Bryan et al., 2010) were reported in the western Arabian Sea during the
deglaciation, which are thought to originate from less ventilated and stratified glacial deep
waters. The Last Glacial Maximum also witnessed the sequestration of high amounts of
organic carbon to the global deep ocean through enhanced biological pump via the Southern
Ocean (Smetacek et al., 2012; Muglia et al., 2017). Furthermore, studies point to a stratified,
less ventilated and **C aged deep water mass in global ocean during the LGM (Skinner et
al., 2010; Skinner et al., 2014; Skinner et al., 2017). These events when put together present

a clear picture of organic carbon build up in deep waters and decreased NADW production
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in the Atlantic Ocean which resulted in stratified and 8'C depleted deep waters. The
sluggish glacial circulation enhanced the degradation of organic carbon giving rise to
depleted 513C values and nutrient enriched deep waters. Glacial §**C depleted values does
not only suggest stratified and nutrient enriched waters but also indicate less oxygenated and

pool of stored *2CO; in deep waters altering its carbonate chemistry.
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Figure 4.8 :- Graph showing §'80 variations in epifaunal benthic foraminifera C. wuellerstorfi from core AAS-
9/21 (water depth = 1800 m, blue line), core SK-129/ CR-05 (water depth = 2300 m, red line) and core SK-
129/CR-02 (Piotrowski et al., 2009, water depth = 3800 m, green line). Grey bands in the figure indicate
Heinrich Stadial 1(HS1) and Younger Dryas (YD). White bands indicate Last Glacial Maximum (LGM),
Bolling-Allerad (BA) and Holocene respectively. White band indicates the Bglling-Allergd (BA). The Last

Glacial Maximum (LGM), deglaciation and Holocene are marked with arrows on the top axis.

The 8'3C signal in core AAS-9/21 is initially seen to increase during Heinrich Stadial
1 (HS1) and showed a decreasing trend from 16 kyr which continued throughout the Bglling-
Allerad (BA) and reached to a minimum of -0.09 %, at 12.5 kyr and then rose again in the
Younger Dryas (YD) (Figure 4.9a). The elevated §*3C signal during the HS1 involves an
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increase in 8*3C from -0.103 %o at 18 kyr to 0.137 %o at 16 kyr. Similar increase in §**C was
observed by Ma et al. (2020) in the southeastern Arabian Sea at a depth of 1254 m (Figure
4.9b). Also Yu et al. (2018) observed higher radiogenic Nd isotope (Eng) values reaching to
-6.8 during the HS1 and the YD (Figure 4.9c) in intermediate waters of the BOB and are
comparable to Eng values of AAIW observed during the last glaciation (—6.8 to —6.0) by Hu
et al. (2016). This increase in 8*3C and E€ng Values in the northern Indian Ocean during the
HS1 is mainly attributed towards the intrusion of AAIW into the Indian Ocean during the
deglaciation. Similar strong northward invasion of AAIW was also observed in the Atlantic
(Cao et al., 2005; Pahnke et al., 2008; Mangini et al., 2010) and Pacific oceans (Marchitto
et al., 2007; Stott et al., 2009; Basak et al., 2010). The enhanced invasion of AAIW in the
northern hemisphere is ascribed to collapse of the extensive sea-ice formed during the LGM
and increased formation of AAIW through strengthened deep water upwelling in the
Southern Ocean (Basak et al., 2010).

The &*3C values in core SK-129/CR-05 (2300 m) did not show a prominent increase
during HS1, instead severe depletion was seen during the BA. Similar depletion is also
evident from BoB cores retrieved from deep waters; SK 157-14 (water depth = 3306 m) and
SK 157-16 (water depth = 2920 m) (Ahmad et al., 2008; Raza and Ahmad, et al., 2013),
except core SK 157-15 (water depth = 2855 m), which probably can be due to low resolution
of the core. Organic carbon content in core SK-129/CR-05 ranges from 0.3-0.7% (Guptha
et al., 2005), which is very low and does not seem to affect the '3C of deeper waters. The
513C depletion timings (15-13 kyr) in the North Indian Ocean coincide well with the Melt
Water Pulsela (MWP-1a, 14.65-14.31 kyr; Deschamps et al., 2012) and associated rise in
sea level. The sea-level rise during this time could have influenced the discharge of
terrigenous organic matter into the ocean and the input of lighter §'3C terrigenous organic
carbon may have contributed to the decrease in the benthic foraminifer §!3C values in the
North Indian Ocean (Ma et al., 2019).

Gradual increase in 8C and 80 values are observed during the Holocene in cores
SK-129/CR-05 and SK-129/CR-02 (Piotrowski et al., 2009), which illustrate the evolution
of cooler and nutrient enriched water-mass to warmer and nutrient depleted waters. Warmer
water masses resulted in response to the shift in glacial to interglacial mode of climate.
Enriched 8*3C in deep waters indicate well ventilated deep waters entering the Arabian Sea
and point towards strengthening of AMOC and increased flow of NADW. Similar studies
carried out in Indian Ocean showed increased proportion of NADW reaching the Indian
Ocean during the Holocene (Piotrowski et al., 2009; Ahmad et al., 2008; Raza and Ahmad
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2013; Raza et al., 2014; Naik et al., 2019; Ma et al., 2019). Whereas, core AAS-9/21
exhibited *3C values which are very much lower than SK-129/CR-05 and SK-129/CR-02.

Deglaciation | = LGM =—|

I
YD BA HSI1 I

NRF VAN

0.4 ——=Hojocen

3 ! | \
< 0.0- I d
QU :.-\.I \ Ju] 8]
- . | TWilent TLh- 0
-0.2 - o : = ../\I.\r' i
b [ | [ o s ! - 0.4
. F\.-' | .ﬂ\. By
0.4 ! o SR (%23
: o ' too S
: " . ! V.\./\ | ! "o
" \R I L 102
-6 1 -': - \ 1 }I I
. /g, N L
A A
8- /\'{ \'/ :
= C | | I
= P : ! :
10{ = a [ : ! :
=P g : : :
= .é....l.o.'. ara | o 52.5

Age (Kyr)

Figure 4.9 :- Graph showing, a) 6*3C variations in epifaunal benthic foraminifera C. wuellerstorfi from core
AAS-9/21 (water depth = 1800 m), b) 8'3C variations in benthic foraminifera from core MD77-191 (Arabian
Sea, water depth = 1254 m) (Ma et al., 2020) and c¢) End of mixed planktonic foraminifera from core MD77-
176 (Bay of Bengal, water depth = 1375 m, Yu et al., 2018). Grey bands in the figure indicate Heinrich Stadial
1(HS1) and Younger Dryas (YD). White band indicates theBglling-Allergd (BA). The Last Glacial Maximum

(LGM), deglaciation and Holocene are marked with arrows on the top axis.
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4.5 Last Glacial Maximum to Holocene changes in [COs%] of deep waters using the

shell weight proxy

| have attempted to determine the calcium carbonate dissolution in core SK-129/CR-
05 in order to understand the changes in carbonate ion content of deep waters from the LGM
to the Holocene by using the shell weight proxy. The shell weight study in AAS-9/21 is
carried out by Naik and Naidu, et al., 2014 and thus is not discussed in this study. Also the
G. ruber shells in core SK-129/CR-02 (Figure 3.4) showed a considerable amount of
dissolution and are not suitable for determining the [CO3%] through shell weight proxy. As
this core SK-129/CR-02 is retrieved from a depth of 3800 m which is placed below the
Foraminiferal lysocline where the dissolution of foraminiferal shells begins in Arabian Sea.
Oxygenated and high carbonate ion content of NADW favours preservation of CaCOs shells
whereas low oxygen and low carbonate ion content of AABW causes it to be less ventilated
and more corrosive, encouraging the dissolution of CaCOsshells. Shell weights in core SK-
129/CR-05 were lighter during the LGM and the Holocene in comparison to the deglacial
period (Figure 4.10a). This in turn reflects the preservation state in deeper waters wherein
the LGM and the Holocene showed similar preservation reflecting similar carbonate
chemistry and better preservation was noted in the deglaciation indicating considerable
changes in carbonate ion content. The Atlantic Meridonial Ocean Circulation has
experienced major changes and reorganisations from the LGM to the Holocene. The Last
Glacial Maximum experienced a weaker AMOC as compared to the Holocene due to the
reduced NADW production, which is the main driver of the AMOC (Elliot et al., 2002;
Marchitto and Broecker, 2006; Negre et al., 2010; Menviel et al., 2017) which was
countervailed by incursions of high nutrient, less ventilated and low carbonate-ion southern-
sourced waters in the North Atlantic (Curry and Oppo, 2005). These perturbations in AMOC

are also very well recorded in the Pacific Ocean (Bostock et al., 2004).

Neodymium isotopes (Eng) have been used in the Indian Ocean by few studies (eg.
Piotrowski et al., 2009; Yu et al., 2018; and Naik et al., 2019) and together with §3C suggest
changes in intermediate and deep-water circulation in the Indian Ocean such as decreased
penetration of NADW in the Arabian Sea (Piotrowski et al., 2009) and BoB (Yu et al., 2018;
and Naik et al., 2019) during the LGM. Increased penetration of §'3C depleted southern
sourced deep waters in the BoB (Kallel et al., 1988; Naqvi et al., 1994; Ahmad, 1995;
Ahmad et al., 2008; Raza and Ahmad, 2013; Raza et al., 2014; Ma et al., 2019), Arabian
Sea (Piotrowski et al., 2009; Romahn et al., 2014 and Ma et al., 2020) and in the South and
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equatorial Indian Ocean (Martison et al., 1987; Waelbroeck et al., 2006; Yu et al., 2010)
was documented during the LGM. The southern sourced 5'3C depleted, less-ventilated and
nutrient enriched deep waters originating from the Weddell and Ross Sea have low
carbonate ion content and high CO, emerging from the decomposition of organic carbon,
are highly corrosive and tend to dissolve CaCOs shells. The low shell weights in core SK-
129/CR-05 during LGM could be the outcome of penetration of corrosive deep-waters of
Southern Ocean origin which lowered the [COs?] of ambient waters and enhanced

dissolution at the core site.

The deglaciation recorded a maximum rise in shell weight of 20.4 g observed at~
16 kyr and showed an average shell weight of 19.4 ug during the deglaciation which is 2 pg
higher than the LGM. The increase in shell weight during the deglaciation goes well with
the slight increase in the calcium carbonate percentage in the same core (SK-129/CR-05)
(Figure 4.10b; Guptha et al., 2005). This increase in calcium carbonate and shell weights
could be due to an improved [COs*] in deep waters during deglaciation thus enhancing
preservation. Similar observation by Naik and Naidu, (2015) show a clear hike in shell
weights from a period of 17.5 — 14.5 kyr in core SK-218 (water depth = 3307 m) and core
SK-157 (water depth = 3171 m) from deep waters of the BoB and also in core AAS-9/21
(water depth =1800 m) and ODP Site 723 (water depth = 808 m) from the Arabian Sea (Naik
and Naidu, 2016). Calcium carbonate preservation event in the deglaciation is recorded in
the global oceans (Berger, 1977; Broecker, 2001; Broecker and Clark, 2003; Lalicata and
Lea, 2011; Jaccard et al., 2009) which indicate changes in the carbonate chemistry of deep
and the intermediate waters. Yu et al. (2010) recorded a 10 pmol/kg rise in [CO3?] in the
Indian and Pacific Ocean and a 20 pumol/kg in the Atlantic Ocean which favoured

preservation of CaCOs in the deglaciation.

The deglacial calcium carbonate preservation spikes were attributed to the CO;
degassing from the deeper waters through extensive upwelling in Southern Ocean (Anderson
et al., 2009) which resulted in an increase in [COs*] of global ocean (Yu et al., 2010).
Globigerinoides ruber shell weights recorded in the Holocene were 3 pg lower than the
deglacial shell weights, which suggest poor preservation in the Holocene. On contrary, the
CaCOs percentage in Holocene ranges from 60-67% and shows an increasing trend from
early to late Holocene (Pattan et al., 2003; Guptha et al., 2005). This could be due to the
surface processes occurring in the southeastern Arabian Sea which includes the

intensification of southwest monsoon (Pattan et al., 2003). Several studies in the
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southeastern Arabian Sea indicate intensification of southwest monsoon during early to late
Holocene (Thamban et al., 2007; Anand et al., 2008; Kessarkar et al., 2013), which could
have generated wind induced upwelling leading to higher productivity and greater supply of
CaCOs to the sediments. The organic carbon content (<0.4 %) observed during the Holocene
is also negligible to cause supralysoclinal dissolution of CaCOg at the core site and hence
lower Holocene shell weights in core SK-129/CR-05 could be due to the dissolution of
CaCO3 shells due to CaCOs compensation during the Holocene. Preservation of CaCOs
during the deglaciation resulted in removal of alkalinity from the deep ocean, and hence to
compensate for alkalinity depletion, CaCOz shell dissolution began in the Holocene (Yu et
al., 2014).
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Figure 4.10:- Graph showing variations in a) shell weights of planktic foraminifera G. ruber in core SK-129/
CR-05 (water depth = 2300 m) and b) CaCOs in core SK-129/ CR-05 (Guptha et al., 2005). Grey bands in the
figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Bglling-Allerad

(BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are marked with arrows on the top axis.
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4.6 Last Glacial Maximum to Holocene changes in [COs?] of deep waters using the
B/Ca proxy

The selected sediment cores lie in the pathwayof deep-water flow into the Arabian
Sea. Benthic foraminiferal Cibicidoides wullerstorfi shells were picked and analysed for
B/Ca. Values obtained were then converted to [COs*] (refer section 2.3.7) by using the
equation given by Yu and Elderfield, (2007). The carbonate ion concentration varies from
53 to 91 umol/kg in core AAS-9/21, 76 to 98 umol/kg in core SK-129/CR-05 and 80 to 100
pmol/kg in core SK-129/CR-02, from the LGM to the Holocene. The carbonate ion
concentration in these cores showed similar values to a nearby core, MD77-191, whose
values ranged from 70 -110 pumol/kg (Ma et al., 2020).

All the three cores bathing in different water masses showed a similar variation in
[CO3?] from the LGM to the Holocene (Figure 4.11a, 4.12a and 4.13a). This similarity in
carbonate ion variation indicates similar processes controlling the CO3?" variations at these
sites. Low carbonate ion concentration was recorded during the LGM in all the three cores,
which is also supported by lower foraminiferal shell weights during the LGM in core AAS-
9/21 and SK-129/CR-05 (Figure 4.11b and 4.12b). The Last Glacial Maximum is thought
to have~60 pmol/kg higher [COs%] than preindustrial values, as the atmospheric CO- during
this time was~90 ppmv lower than preindustrial times (Yu et al., 2010), but, the observed
values are very much lower and similar to values seen in the Holocene. The lowering of
[CO3?] during the LGM is consistent with declined §'3C values in all the three cores (Figure
4.11e, 4.12d, 4.13c). Depleted 8*3C values indicate lack of ventilation, higher nutrient
concentration and isotopically light carbon emerging from decomposition/ carbon
respiration of stored organic matter in deep-waters. Higher values of U/Th and V/Ti (Figure
4.11c and d respectively) in core AAS-9/21 observed during the LGM indicate sub-oxic
conditions prevailing at the core site. Similar observations were made in core SK-129/CR-
05 from the southeastern Arabian Sea retrieved from a water depth of 2300 m. It exhibited
higher concentration of U/Th (Figure 4.12c) during the LGM, indicating sub-oxic conditions

at core site (Pattan and Pearce, 2009).
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Figure 4.11: - Graph showing variations in a) [CO3%], b) average G. ruber shell weight (ug), c) U/Th ratios
(Godad et al., 2017), d) V/Ti ratios, e and f) §**C and §*%0 of C. wullerstorfi, in core AAS-9/21. Grey bands
in the figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Bglling-
Alllergd (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are marked with arrows on the

top axis.

This time period coincides with lower [CO3*] in cores AAS-9/21, SK-129/CR-02 as
well as SK-129/CR-05 core. A number of studies have indicated sub-oxic conditions at deep

water depths in the southeastern Arabian Sea (Sarkar et al., 1993; Pattan and Pearce, 2009)
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and in the equatorial Indian Ocean (Chandana et al., 2017). These conditions were attributed
to changes in deep water circulation in the northern Indian Ocean. Due to the geographical
setting of the northern Indian Ocean deep water masses are sourced only from the south i.e.

the CDW (Mantyla and Reid, 1995), which plays an important role in the ventilation of the
northern Indian Ocean. Neodymium isotope (€nd) record of deep waters of the Arabian Sea

(Piotrowski et al., 2009) and BoB (Naik et al., 2019; Ma et al., 2019) also indicate decreased
proportion of NADW reaching the core sites and resulting in decreased ventilation of glacial
deep waters. The North Atlantic Deep Waters are well oxygenated, nutrient depleted and
contain highest [CO3?] of ~125 umol/kg (Broecker and Sutherland, 2000). Studies carried
out using 8*3C in the northern Indian Ocean showed §'3C depleted and nutrient enriched
water mass during LGM which could have resulted due to strong stratification/ poor
ventilation of deep waters (Kallel et al., 1988; Ahmad et al., 2008; Piotrowski et al., 2009).
Numerous studies indicate the sequestration of organic carbon in deeper layers via the
Southern Ocean by enhanced biological pump which transported high amounts of organic
carbon to global deep ocean during the LGM (Smetacek et al., 2012; Muglia et al., 2017).
This organic carbon dawdled in deep waters, accumulating respired CO> and the stratified
deep waters further reduced its escape to mid-depths, yielding older and CO: rich deep
waters (Skinner et al., 2010; Skinner et al, 2014; Skinner et al., 2017). Studies carried out
in the Indian Ocean showed the presence of §**C depleted values (Kallel et al., 1988;
Piotrowski et al., 2009; Yu et al., 2010; Ma et al., 2019) which point towards reduced
ventilation and carbon respiration in LGM waters. Hence reduced transport of NADW and
poor ventilation of deep waters in north Indian Ocean resulted in enhanced carbon
respiration and depletion of $*3C due to incoming as well as build-up of *?CO; in deep waters
which all together resulted in lowering of oxygen and [CO3?] of deep waters during LGM

at our core sites.

During the deglaciation, an average rise of 4.3 umol/kg and 4 umol/kg in comparison
to the LGM was seen in cores SK-129/CR-05 and SK-129/CR-02 respectively. A sudden
hike in [COs?] of deep waters can result from change in circulation, or degassing of CO;
from it. An increased proportion of deep waters rich in [CO32] could increase the carbonate
ion content at the core sites. The North Atlantic Deep Water forms the major component of
southern sourced UCDW and ventilates the northern Indian Ocean (Mantyla and Reid,
1995).
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The last deglacial circulation was interrupted during the HS1 wherein the NADW
production was reduced, which lead to weakening of the AMOC (Vidal et al., 1996;
McManus et al., 2004). Studies from the Indian Ocean reveal an increased proportion of
intermediate waters reaching the northern Indian Oceans during reduced NADW phases
(Waelbroeck et al., 2006; Jung et al 2009; Romahn et al., 2014; Ma et al., 2019). Better
preservation of foraminiferal shells in the OMZ regions of the Arabian Sea was noted during
stadials, which were associated with increased volume of southern sourced oxygenated
waters encompassing the core sites as a result of diminished NADW (Kl6cker et al., 2006;
Klocker and Henrich, 2006; Boning and Bard, 2009; Naidu et al., 2014). These studies point
towards lesser fraction of NADW ventilating the deglacial Indian Ocean. In such a scenario
the increased [CO3?7] in deglacial deep waters may not be because of incoming of carbonate

ion rich waters /changed circulation but can be due to changes in CO> content of deep waters.

The elevated [CO3?7 in deglacial deep waters consent well with depleted *C signal
in intermediate waters of the western Arabian Sea (Bryan et. al., 2010) along with increased
pCO:- in surface waters of the eastern Arabian Sea (Palmer et al., 2010; Naik et al., 2015).
These observations suggest the evolution of CO2 from deep waters thusly increasing its
[CO3?], which are subsequently introduced into intermediate waters diluting its radiocarbon
signal and finally enter surface waters giving a pCO> hike during deglaciation. The surface
water CO, was eventually exhaled to the atmosphere and contributed to a deglacial rise of ~
80 ppmv CO: in the atmosphere. The key to the detailed mechanism behind this process lies
in the Southern Ocean. The Southern Ocean is said to play a significant role in sequestering
as well expelling stored deep-water carbon back to the surface layers in the Southern Ocean.
An increased Southern Ocean ventilation and rise of atmospheric CO2 noticed during the

deglacial reveals their relation (Skinner, 2010).

An average rise in [CO3s?] of 5.3 pmol/kg is also noticed at~14 kyr in core AAS-
9/21 retrieved from a water depth of 1800 m. Currently this depth is occupied by the
southward flowing NIDW (North Indian Deep Water) having high salinity and formed from
upwelling of CDW entering the Arabian Basin and the BoB basin and is also referred to as
the aged CDW (You, 2000). Shetye et al. (1994) refers to this water mass as the Modified
North Atlantic Deep Water (MNADW) found below a water depth of 1500 m in the Arabian

Sea.
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Figure 4.13:- Graph showing variations in a) [COs?7], b) Eng (Piotrowskiet al., 2009), ¢ and d) C. Wullerstorfi §°C
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and Younger Dryas (YD). White band indicates the Bglling-Allergd (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked with arrows on the top axis.
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The NIDW has major components of CDW and minor contributions from
intermediate water masses such as PGW, RSW (Kumar and Li, 1996) and even theAAIW
as it moves southwards. Kumar and Li (1996) also refer to this water mass as the High
Salinity Deep Water (HSDW) observed in the Arabian Sea as well as in the BoB. It is evident
from studies that during the last deglaciation, the NADW production was completely shut
down during the HS1 and hence this water mass in the Indian Ocean was compensated by
northward expansion of AAIW reaching the northern Indian Ocean (Duplessy et al., 1984;
Curry et al., 1988; Naqvi et al., 1994; Jung et al., 2009; Yu et al., 2018; Ma et al., 2019).
Several studies in the Indian Ocean have reported well preserved CaCO3 shells in OMZ
regions due to the increased proportion of well-ventilated and oxygenated southern sourced
intermediate waters (Klécker and Henrich, 2006; Boning and Bard, 2009; Naidu et al.,
2014). The carbon isotope record in core AAS-9/21 also reflects the increased proportion
of AAIW entering the Arabian Sea as there is a sudden increase of **C values from -0.103
at 18 kyr to 0.137 at 16 kyr, as compared to cores SK-129/CR-05 and SK-129/CR-02 (Figure
4.7). On contrary, the '3C values in core AAS-9/21 showed a tight coupling with the §*3C
signature in deeper cores SK-129/CR-05 and SK-129/CR-02 during the LGM (Figure 4.7).
These 8*3C signature in core AAS-9/21 indicate circulation changes occurring at the core
location wherein during the LGM §*3C values reflect the presence of deep-waters at a depth
of 1800 m, whereas during the deglaciation 5'3C values indicate the presence of AAIW at

the same depth.

The core AAS-9/21 lies in the deep waters of the Arabian Sea, hence mixing of deep
water masses can significantly contribute to the changes in [COs%]. Since every deep water-
mass has a unique preformed [COs%] and biological effects on the deep water masses are
less significant, mixing plays an important role in affecting [COs%] of deep waters (Yu et
al., 2008). North Indian Deep Water (NIDW) forms from the upwelling of UCDW and has
greater proportion of NADW and minor contributions from RSW and PGW (Kumar and L,
1996; You, 2000) (see section 2.1.5). Out of these water masses RSW and PGW has low
oxygen content of 2.5-3 ml/l (Grasshoff 1969; Wyrtki, 1971) and are found in the Arabian

Sea between a depth of 200-1000 m, where a severe and perennial OMZ is observed.
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Figure 4.14:- Graph showing variations in a) atmospheric CO, from Dome C ice-core (Monnin et al., 2001;
Lemieux-Dudon et al., 2010; Schmitt et al., 2012), b) surface water pCO,from core AAS-9/21 (Naik et al., 2015),
c) surface water [CO3?] from core AAS-9/21 (Naik and Naik, 2018), d) AC of intermediate waters from core
RC27-23 (Bryan et al., 2010), e) deep-water [COs?] from core AAS-9/21 (water depth = 1800 m), f) deep-water
[CO3?] from core SK-129/CR-05 (water depth = 2300 m), g) deep-water [CO3?] from core SK-129/CR-02 (water
depth = 3800 m). Grey bands in the figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White
bands indicate the Bglling-Allersd (BA). The Last Glacial Maximum (LGM), deglaciation and Holocene are
marked with arrows on the top axis.
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The waters of the OMZ are not only oxygen depleted but also have high concentration of
DIC (Paulimer et al., 2011) which signify low [CO3>] and is clearly seen in Figure 4.1.
Hence, the minor proportions of water emerging from the OMZ also have low [COs*] and
thus do not contribute to a rise in [COs?] during the deglaciation. However, the NADW
present in the UCDW has the highest [CO3%] of ~120 pmol/kg and hence the mixing
between NADW can subsequently increase the [CO3%] of deep waters as seen during the
BA in core AAS-9/21.

Remineralisation of organic carbon can also play a significant role in the carbonate
ion hike observed during the deglaciation in core AAS-9/21. Remineralisation of organic
carbon includes the breaking down of dead organic matter which sinks down the water
column and is broken down into simpler forms using dissolved oxygen, leading to a release
of CO2 and nutrients. The release of CO: increases DIC but decreases the alkalinity and
hence decreases the [COs?]. The organic carbon content in core AAS-9/21 shows an
increase during the deglaciation (Figure 4.15d) (Godad et al., 2017), hence the
remineralisation of this organic carbon should bring down the [CO3?] which is opposite to
the observed carbonate ion signal. This could be due to the gradually increasing
sedimentation rate (Figure 4.15e) in core AAS-9/21 from 8.6 -13.6 cm/kyr between 19 to 11
kyr, The increased sedimentation rate must have buried the organic carbon in sediments
inhibiting the oxidation of organic carbon, which led to less utilisation of oxygen from the
water column and low CO: liberation, which is also supported by lower V/Ti ratio (this
study) and U/Th ratio (Godad et al., 2017) (Figure 4.11d and c¢) which indicate oxygenated

waters during deglaciation in core AAS-9/21.

The Holocene is marked by lowering of [CO3*] by 18 umol/kg, 8.7 pmol/kg and 4.0
pmol/kg in cores AAS-9/21, SK-129/CR-05 and SK-129/CR-02 respectively. On the other
hand, higher §*C values observed in same cores indicate well ventilated and nutrient
depleted water mass like NADW reaching the core sites, which was further confirmed from
Ena studies from the northern Indian Ocean (Piotrowski et al., 2009; Naik et al., 2019). With
increased proportion of NADW reaching core sites, an elevated [COs%] is expected. But
contrasting changes are observed in Indian and Pacific Ocean. These changes may be
associated with reduction of oceanic alkalinity due to continued carbonate compensation
and removal of alkalinity through coral reef build up (Opdyke and Walker, 1992; Yu et al.,
2014).
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Figure 4.15 :- Graph showing variations in a) deep water [CO3?], b) CaCOs (%) (Godad et al., 2017), c) §'°C
from benthic foraminifera C. Wullerstorfi, d) Total Organic Carbon (TOC %) (Godad et al., 2017), and e)
Linear Sedimentation Rate (LSR), from core AAS-9/21 (water depth = 1800 m). Grey bands in the figure
indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD). White band indicates the Bglling-Allerad (BA).

The Last Glacial Maximum (LGM), deglaciation and Holocene are marked with arrows on the top axis.
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4.6.1 Mechanism proposed for the observed [COs%] in deep waters

This study clearly indicates presence of deglacial hike in [CO3%] in deep waters of
the EAS (Figure 4.14). Similar increased deep water [COs%] is also observed in all the three
major oceans of the world (Yu et al., 2010; Doss and Marchitto et al., 2013; Yu et al., 2013;
Allen et al., 2015). The observed [CO3?7 hike in the world oceans is best explained through
the deep-ventilation hypothesis which begins from the shifting of Inter Tropical
Convergence Zone (ITCZ) towards the south, which also shifted the westerlies to the South
(Toggweiler, 2009). These westerlies converged with the polar front during the deglaciation,
producing extensive wind driven upwelling of deep waters in the Southern Ocean as evident
from opal burial rates (Anderson et al., 2009). The deep waters upwelled during the
deglaciation contained excessive CO, emerging from the remineralisation of organic carbon
sequestered during LGM through the enhanced biological pump (Smetacek et al., 2012;
Muglia et al., 2017) and through increased efficiency of the North Atlantic carbon pump
(Yu etal., 2019). The upwelling of these deep waters caused substantial out gassing of CO>
from the Southern Ocean, recorded in the South Atlantic Ocean (Martinez boti et al., 2015;
Shao et al., 2019; Shuttleworth et al., 2021), South Pacific Ocean (Moy et al., 2019;
Shuttleworth et al., 2021) and South Indian Ocean (Gottschalk et al., 2020; Ronge et al.,
2020; Narayana et al., 2020) and contributed to an increase in atmospheric CO. of 80 ppmv
during the deglaciation. Along with CO, outgassing sites in the Southern Ocean, CO>
outgassing was also observed at equatorial regions of the the world oceans which includes
the Equatorial Pacific (Palmer and Pearson, 2003; Martinez-Boti et al., 2015; Gray et al.,
2018; Kubota et al., 2019), Atlantic (Foster and Sexton, 2014; Ezat et al., 2017) and the
eastern Arabian Sea (Naik et al., 2015). This outgassing is been attributed to the excess CO>
signal carried by the sub-Antarctic surface waters that are subducted in thesub-Antarctic
Zone to form the AAIW which is then transported to and upwelled at the equatorial regions
of the major oceans. The excessive formation of *C and carbonate ion depleted AAIW
during the deglaciation in the Southern Ocean (Basak et al., 2010) and its incursion in
Arabian Sea (Bryan et al., 2010; Ma et al., 2020) provides a major evidence for carrying the
excess CO; to the Arabian Sea. Hence, the outgassing of CO; from deep waters resulted in
increased [CO3?] in deeper waters of the eastern Arabian Sea as seen in this study and

promoted better preservation of foraminiferal shells and CaCO3 during deglaciation.
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4.7 Variations in bottom water oxygenation from the Last Glacial Maximum to the
Holocene in accordance with [CO3?] in deep waters of the EAS

The oceans have alternated between source and sinks of CO- in the past (Naik et al.,
2015; Martinez-Boti et al., 2015). This has been inferred from paleo records showing
changes in oceanic carbonate chemistry (Naik et al., 2015; Martinez-Boti et al., 2015) which
include parameters like pCO,, alkalinity and [COs%]. These three factors are intriguingly
dependent on each other, pCO: is the partial pressure of CO> in water, if pCO3 is higher in
seawater than in the atmosphere, CO2 gas escapes to atmosphere and vice versa, thus acting
as source or sink respectively. pCO: is indeed controlled by the alkalinity of seawater,
wherein increase in alkalinity results in formation of more CO3% and decreases COz in
seawater, thus lowering pCO.. Carbonate ion concentration in sea waters is again regulated
by CO: as an inverse relation exists between both the parameters. At deep water-mass
formation sites, photosynthesis consumes CO, and drives up oxygen content of surface
waters. After sinking, the water mass gets isolated from the atmosphere and changes
occurring within the water-mass are controlled by mixing as well as biological processes
such as organic carbon respiration. During carbon respiration, oxygen is consumed and CO>
is released, which then decreases the COs* content. Carbonate ion content of waters
determine preservation or dissolution of calcium carbonate. Higher [COs?>] favours

preservation whereas lower enhances dissolution.

Several studies in the Arabian Sea have shown poor preservation or dissolution of
CaCOs shells in OMZ regions (Calvert et al., 1995; Singh, 1998; Singh et al., 2006; Singh
etal., 2007; Naik et al., 2014). On the other hand, better preservation of CaCO3shells is also
observed in OMZ of the Arabian Sea due incursions of oxygenated waters during the stadials
(Klécker and Henrich, 2006; Boning and Bard, 2009; Naidu et al., 2014). These studies
figure out a close relationship between oxygen, CO2 in seawater and CaCOs in sediment,
wherein higher oxygen concentrations are associated with minimum CO; and better
preservation of CaCOz. The present study is aimed at finding the relationship between
dissolved oxygen and [CO3?] of seawater promoting preservation or dissolution of CaCOs

in sediment from the LGM to the Holocene.
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Figure 4.16: - Graph showing variations in a) [CO3?] in core AAS-9/21, b) Concentration of V/Ti ratios in
core AAS-9/21 (This study), ¢) U/Th ratios in core AAS-9/21(Godad et al., 2017), d) Total Organic Carbon
(TOC %) in core AAS-9/21 (Godad et al.,2017). Grey bands in the figure indicate Heinrich Stadial 1(HS1)
and Younger Dryas (YD). White band indicates the Bglling-Allergd (BA). The Last Glacial Maximum (LGM),

deglaciation and Holocene are marked with arrows on the top axis.
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The objective was attained by first reconstructing the oxygenation condition in deep waters
from the LGM to the Holocene using the \V/Ti ratios and then comparing it with the [CO3?]

calculated from B/Ca ratios of C. Wullerstorfi.

Titanium (Ti) is a conservative element and is immensely resistant to weathering. It
also remains unaffected due to changes in redox conditions at the sediment-waterinterface
(Neshitt and Markovics, 1997; Wei et al., 2003). Hence it has been widely used to estimate
the terrigenous input to sedimentary basins (Murray and Leinen, 1993, 1996; Schroeder et
al., 1997; Klump et al., 2000). The V/Tiratio in core AAS-9/21 showed higher values during
the LGM and the Holocene and prominent lows were observed during the deglaciation and
early Holocene (Figure 4.16b). The U/Th ratios also showed a similar pattern of variation
for last 25 kyr (Figure 4.16c; Godad et al., 2017). It exhibited higher values in the LGM,
which declined during the deglaciation followed by a rise in early Holocene. In addition, the
Benthic Foraminiferal Number (BFN) was also calculated to determine the organic carbon
content in the sediments because BFN and their distribution is closely linked to the transport
of organic carbon to the sea floor and organic carbon in the sediment (Caralp, 1984;
Mackensen et al., 1985; Caralp, 1989; Van der Zwaan et al., 1990; Jorissen et al., 1992;
Gooday, 1993; Schmiedl et al., 1997; De Stigter et al., 1998; Altenbach et al., 1999). Several
studies have used benthic foraminifera as a proxy for indicating the organic carbon content
in sediments (Smart, 1994; Wahyudi and Minagawa, 1997; Van der Zwaan et al., 1999;
Dulk et al., 2000; Cappelli et al., 2019). It is well understood that the organic carbon content
in the sediments is closely related to the oxygen content. In sediments having higher organic
carbon content, oxygen from the water column is utilised for the decomposition of organic
matter which is very commonly observed in the OMZ of the Arabian Sea at the depth of
200-1500 m.

Higher values of V/Tiand U/Th in core AAS-9/21 observed during the LGM indicate
sub-oxic conditions prevailed at the core site. Core SK-129/CR-05 from the southeastern
Arabian Sea also showed higher V/Tiand U/Th ratios (Figure 4.17b and 4.17c respectively)
during the LGM, indicating sub-oxic conditions at the core site (Pattan and Pearce, 2009).
The Total Organic Carbon (TOC) content in core SK-129/CR-05 (Figure 4.17d, Pattan and
Pearce, 2009) and in core AAS-9/21 (Figure 4.16d, Godad et al., 2017), both show an
increase during the LGM. The BFN in core SK-129/CR-05 also exhibited higher values

during the LGM, indicating high organic carbon in sediments (Figure 4.16e). The sub-oxic
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conditions at the core sites during the LGM could result from the oxidation of organic carbon
wherein the dissolved oxygen was utilised for degradation of organic carbon in sediments.
This time period also coincides with lower [CO3%] in core AAS-9/21 as well as core SK-
129/CR-05 (Figure 4.16a and 4.17a). A number of studies have indicated sub-oxic
conditions at deep water depths in the southeastern Arabian Sea (Sarkar et al., 1993; Pattan
and Pearce, 2009) and in the equatorial Indian Ocean (Chandana et al., 2017). These
conditions were attributed to changes in deep water circulation in the northern Indian Ocean.
Strongly stratified and poorly ventilated deep waters not only existed in Indian Ocean but
also resided in Atlantic and Pacific Ocean (Yu et. al., 2007; Marchitto et al., 2007; Yu and
Elderfield, 2008; Yu et. al.,2010; Freeman et al., 2015; and Fuente et al., 2017).

The deglaciation recorded lower values of V/Ti and U/Th in core AAS 9/21.
Similarly, SK-129/CR-05 also showed lower V and U/Th ratios during later part of the
deglaciation. Whereas, increased [CO3?] was observed in both the cores during the
deglaciation. These observations point out towards the presence of oxygenated and
carbonate ion rich water mass as the organic carbon also decreased in both the cores during
the deglaciation. The deglacial period is characterized by enhanced deep water upwelling in
the Southern Ocean which broke the strong stratification formed during the LGM (Anderson
et. al., 2009). This extensive upwelling in the deglaciation brought deep waters to the
surface, leading to escape of CO; stored during the LGM, thereby increasing the [CO3%] of
deep-waters (Martinez-Boti, 2015). Oxygenated waters at this time must have resulted from
decreased organic matter flux evident from changing iron supply in the Southern Ocean
(Martinez-Garcia et al., 2014).

Carbonate ion concentration in core AAS-9/21 and SK-129/CR-05 showed
decreasing trend through the Holocene. Decrease in [CO3?] of the Indian Ocean can be
attributed to decrease in global ocean alkalinity due to increase in coral reef build-up on
shelves which led to removal of alkalinity from seawater and resulted in a decrease in whole
ocean [COs*] (Opdyke and Walker, 1992). Although a decrease in [CO32] was observed
thought the Holocene, a prominent rise initiated at 6.6 kyr and 6.3 kyr (Figure 4.16a and
4.17a) in core AAS-9/21and SK-129/CR-05 respectively, is seen. Rise in values continued
and reached to a maximum at 4.1 kyr and 4.8 kyr in cores SK-129/CR-05 and AAS-9/21
respectively. The geochemical proxies suggest decreased oxygenation during early and late

Holocene and better ventilated waters during mid-Holocene from 6.6 to 4.0
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Figure 4.17:- Graph showing variations in a) [COs?] in core SK-129/CR-05, b) concentration of V (ppm) in
core SK-129/CR-05, ¢) U/Th ratios in core SK-129/CR-05 (Pattan and Pearce, 2009), d) Total Organic Carbon
(TOC %) in core SK-129/CR-05 (Guptha et al., 2005), e) Benthic Foraminiferal Number per gm dry weight
of sediment (This study). Grey bands in the figure indicate Heinrich Stadial 1(HS1) and Younger Dryas (YD).
White band indicates the Bglling-Allersd (BA). The Last Glacial Maximum (LGM), deglaciation and

Holocene are marked with arrows on the top axis.
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kyr. The oxygenation proxies in core AAS-9/21 during the Holocene reflect the effect of
Indian Summer Monsoon (ISM). Variability in ISM during the Holocene is reported in
several studies which showed increased intensity of ISM from ~10 kyr and reaching to a

maximum at~8 kyr (Thamban et al., 2007; Kessarkar et al., 2013).

Increased intensity of ISM must have intensified upwelling resulting in high primary
productivity and increased carbon flux to deeper oceans, giving rise to decreased
oxygenation due to carbon respiration. A decreased ISM intensity is observed from ~8 - ~5
kyr (Kessarkar et al., 2013) followed by a drier period from 5-4 kyr (Kessarkar et al., 2013).
The period of decreased ISM intensity (from~8 to 5 kyr) coincides with high oxygen and
high [CO3s?] at 1800 m depth. After 3 kyr, ISM intensity returned to stable conditions,
productivity increased (Godad et al., 2017) and resulted in decreased oxygenation. A clear
relation and interdependence of the parameters, oxygen and [CO3%] was observed during
the LGM, early and late Holocene wherein lowering in oxygen content coincided with
decrease in [COs?], whereas in the deglaciation and mid-Holocene [COs%] increased
simultaneously with increasing oxygen concentration in deep waters. The oxygenation and
carbonate ion content of deep waters are mostly controlled by the deep water circulation
from the LGM to the deglaciation and mid-Holocene, whereas during early and late

Holocene it is controlled by the increased intensity of the ISM.
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Chapter 5

5. SUMMARY AND CONCLUSIONS

The fluctuations in atmospheric CO2 are majorly said to be controlled by the oceans,
as the oceans take up CO> and convert it to Dissolved Inorganic Carbon (DIC). Dissolved
Inorganic Carbon comprises of aqueous CO>, carbonic acid (H2COs), bicarbonate (HCO3")
and carbonate ions (COs%). Aqueous CO; is taken by phytoplankton and is converted to
organic carbon, which contributes to productivity, whereas, the rest of the components form
the alkalinity, which controls the buffering system of the oceans. The carbonate ion
concentration [CO3?] is one important component of alkalinity which is responsible for
formation/ dissolution of CaCOz shells in the oceans. Deep waters are formed from sinking
of surface water at higher latitudes when they cool, become more saline and attain a specific
[CO3%], 813C, nutrients and dissolved oxygen depending upon the photosynthesis occurring
in it. Hence, the deep waters capture atmospheric CO, when at surface and take it to greater
depths and store it, thus acting as a sink for atmospheric CO; on glacial to interglacial
timescales. Thus the glacial to interglacial variation in atmospheric CO2 can be reconstructed
by studying the changes in [COs%], circulation and oxygenation condition of the deep
waters.

As seen from the profile of modern day [CO3?] in the eastern Arabian Sea, the
carbonate ion saturation line crosses the in-situ [CO3?] vertical profile at a depth 0f~3500 m
(saturation horizon). Out of the three sediment cores selected for this study, core AAS-9/21
and core SK-129/CR-05 lie well above the saturation horizon, which signifies that waters
bathing these cores presently are saturated with respect to [CO3s?] and better preservation of
the shells is expected. On the other hand, core SK-129/CR-02 lies below the carbonate

saturation horizon and hence dissolution can be expected at this depth.

Deep-water circulation and temperature changes in the south eastern Arabian Sea
(EAS) were reconstructed using 83C and 'O of epifaunal benthic foraminifera
Cibicidoides wuellestorfi. The §C reconstructions reveal significant circulation and
ventilation changes occurring in deep and intermediate waters from the Last Glacial
Maximum (LGM) to the Holocene. The §'3C values in core AAS-9/21 and core SK-129/CR-
05 were lower during the LGM, indicating a less-ventilated and nutrient-rich water mass.
The increased efficiency of biological carbon pump during the LGM in the North Atlantic

and the Southern Ocean led to incorporation of substantial amounts of organic carbon in
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deep-waters. Through reduction in North Atlantic Deep Water (NADW) strength, the deep-
waters became less ventilated, thus enhancing the decomposition of organic carbon, leading
to depleted 5*3C, stratified and nutrient rich deep-waters. The §*3C signal in core AAS-9/21
were initially seen to increase during the Heinrich Stadial 1 (HS1) and showed a decreasing
trend from 16 kyr, which continued throughout the Bglling-Allergd (BA) and reached to a
minimum of -0.09 %o at 12.5 kyr and then rose again in the Younger Dryas (YD). This
increase in 8'°C values in core AAS-9/21 during HS1 is mainly attributed towards the
intrusion of Antarctic Intermediate Water (AAIW) at 1800 m depth in the EAS. The §3C
values in core SK-129/CR-05 (2300 m) did not show a prominent increase during the HS1,
instead a severe depletion was seen during the BA (-0.25%0) which can be probably linked
to Melt Water Pulsela (14.65-14.31 kyr) and associated rise in sea-level. The sea-level rise
during this time could have influenced the discharge of terrigenous organic matter enriched
in 8*3C and contributed to the decrease in benthic foraminifera §*3C values. The Holocene
recorded an increased 8*3C values in both the cores, AAS-9/21 and SK-129/CR-05, which
indicate better-ventilated and nutrient-depleted NADW entering the Indian Ocean as the
production of NADW resumed during the Holocene.

Deep-water temperature changes at the two core sites (AAS-9/21 and SK-129/CR-
05) from the LGM to the Holocene were estimated using oxygen isotopic ratios. The 880
shift exceeds ice-volume effect by 0.4 %o and 0.7 %o in cores AAS-9/21 and SK-129/CR-05
respectively, indicating bottom water cooling of~2° C during the LGM caused due to a shift
in source of water reaching the core site, from §*C enriched NADW to cooler and 33C
depleted Southern Ocean Deep Waters, as the production of NADW reduced during the
LGM.

The changes in [CO3%] from the Last Glacial to the Holocene were studied using two
proxies 1) B/Ca and 2) planktic foraminiferal shell weight. The planktic foraminiferal shell
weight proxy determines the preservation/dissolution of shells thus determining CO3s*
saturation/undersaturation in deep-waters, whereas the B/Ca proxy quantifies the [CO3%] of
deep-waters. Shell weights from core SK-129/CR-05 were lighter during the LGM and the
Holocene, indicating low [COs*] in deep waters, whereas shell weights significantly
increased during the deglaciation showing better preservation owing to increased [CO3?] of
deep waters. Shell weights of core SK-129/CR-02 lying at a water depth of 3800 m did not
show a peculiar trend, instead indicate prominent dissolution occurring at 3800 m depth as

it is the depth where the foraminiferal lysocline is observed in the Arabian Sea.
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Carbonate ion concentration was reconstructed from the eastern Arabian Sea for the very
first time using B/Ca proxy in all three cores (AAS-9/21, SK-129/CR-05 and SK-129/CR-
02) bathing in three different water masses, which showed similar pattern of variation in
[CO3%] from the LGM to the Holocene. Lower [CO3?] was recorded during the LGM in all
three cores, which is ascribed towards reduced ventilation and storage of CO,emerging from
decomposition of organic carbon. Low [COs%] in the LGM was followed by a prominent
rise during deglaciation in all the three cores. This LGM to deglacial rise in [CO3?] was of
4.3 umol/kg in core SK-129/CR-05, 4.8 pmol/kg in core SK-129/CR-02 and 5.3 pmol/kg in
core AAS-9/21. Increased [COs?] during deglaciation was linked to breakdown of
stratification due to intense upwelling in the Southern Ocean which released significant
amount of CO,. The excess CO,was also incorporated in the AAIW during their formation
in the Sub-Antartic Zone. Thus the AAIW carried the Southern Ocean signal to the lower
latitudes and then the excess CO. escaped to the atmosphere through surface waters resulting
in a rise in atmospheric CO. during the deglaciation, thus confirming the hypothesis put
forth in this study. A summary of salient variations in the proxies used in the study, and their

interpretation with respect to time is given in Table 5.1 below.

Geochemistry of elements in cores AAS-9/21 and SK-129/CR-05 indicated sub-oxic
conditions during the LGM and the Late Holocene, and oxic conditions during the
deglaciation and the mid-Holocene. The oxygenated conditions complement well with
increased [CO3?7 and sub-oxic conditions agree with the lowered [CO3?] in both the cores,
thus indicating a clear relation between dissolved oxygen and [CO3*] as also seen in the

modern in-situ data.
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Table 5.1: - Showing salient variations in proxies used in the study and their interpretation.

SK-129/CR-05,
SK-129/CR-02

Parameter Low/High Core Interval Result/ Interpretation
Low AAS-9/21, LGM Less ventilated, nutrient rich
SK-129/CR-05 southern sourced deep water
d"°C mass
High AAS-9/21 Heinrich Stadial 1 | Enhanced flow of AAIW in
(HS1) EAS
Balling-Allerad Meltwater pulse 1a
Low SK-129/CR-05
High AAS-9/21, Holocene Well ventilated and nutrient
SK-129/CR-05 depleted
High AAS-9/21, LGM Presence of ~2° cooler
870 SK-129/CR-05 southern sourced deep waters
Low AAS-9/21, Holocene Presence of warmer NADW
SK-129/CR-05
Shell weight | Low SK-129/CR-05 LGM Low—zshell preservation - Low
High SK-129/CR-05 Deglaciation I[?iggr]shell preservation -
(HS1+B/A+YD) High [CO5*]
Low SK-129/CR-05 Holocene Low shell preservation - Low
[CO]
Low AAS-9/21, LGM Presence of less ventilated,
SK-129/CR-05, nutrient rich and COx rich
SK-129/CR-02 waters
B/Ca- High SK-129/CR-05, Deglaciation Escape of stored CO; from
[COs™] SK-129/CR-02 (HS1+B/A+YD) deep waters (Deep ventilation
hypothesis)
High Deglaciation Reduced remineralisation of
AAS-9/21 (HS1+B/A+YD) organic carbon at 1800 m
depth
Low AAS-9/21, Holocene Dissolution of CaCOs in order

to compensate for deglacial

preservation of CaCOs
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A two-step rise in atmospheric CO during the deglaciation was attributed to the outgassing
of CO, from the deep waters which led to an increase in deep water [CO3%]. This rise in
[CO32] was observed in all the three major oceans of the world i.e. Atlantic, Pacific and
Indian Ocean. Indian Ocean hosted only one study in the southwest Indian Ocean, whereas
the rest of the Indian Ocean remained unexplored in terms of understanding deep water
[CO3%]. The Arabian Sea in the north western part of the Indian Ocean, hosts one of the
largest OMZ, which also affects the [CO3?] of its waters. Hence, it is very necessary to
understand the LGM to Holocene variation in deep water [CO327] and to determine its role
in deglacial venting of CO,. This study has quantified the [CO3?] variation in deep-waters
of the Arabian Sea and has also provided an evidence for evasion of CO, from deep waters
of the Arabian Sea. This study has also determined the changes in deep water circulation
and ventilation which occurred in the Indian Ocean from the LGM to the Holocene and their
role in venting CO2 during the deglaciation. However, the Indian Ocean still lacks studies in
determining the carbonate chemistry of intermediate waters by using a reliable and well
accepted proxy like B/Ca, which will confirm the transport of excess CO from southern
Indian Ocean to the Arabian Sea and the Bay of Bengal. Also there is a dearth of studies
assessing the [CO3?] in deep waters of Indian Ocean over several glacial to interglacial

periods.
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